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Abstract

Sulfate is the dominating salt in soils of the Atacama Desert, one of the oldest and driest deserts

on Earth. Sulfate sources include marine sulfate, terrestrial weathering (e.g., redistribution of

surface material), and sulfate that is formed within the atmosphere by oxidation of reduced

sulfur species. The stable isotopic composition of sulfate (∆17OSO4 , δ
18OSO4 , and δ

34SSO4) is

characteristic for each formation process, wherefore it serves as a tool to identify respective

sulfate sources. The classical stable isotope proxies (δ18OSO4 and δ34SSO4) mainly help to

distinguish between marine and terrestrial sulfate. In addition to these, the novel triple oxygen

isotope tool (∆17OSO4) also allows to identify sulfate formed in the atmosphere. Under Earth’s

surface conditions, the isotopic composition of sulfate only alters when the sulfate is processed

by microbes or plants. Hence, the isotopic composition of sulfate allows identifying the sulfate

sources and enables to draw conclusions on biological alteration processes. This is especially

interesting for areas, where biological activity is limited due to the low water availability, like

the Atacama Desert.

The first study presents a fast and easy to use method to determine ∆17OSO4 of natural

sulfate samples. It includes a protocol for the quantitative dissolution of natural Ca- and

Na-sulfates samples and subsequent conversion into sufficiently pure Ag-sulfate for pyrolysis

analyses. Determined ∆17OSO4 values from multiple in-house standards are compared to

previously published results from different laboratories using different methods (pyrolysis and

fluorination). A normalization procedure results in excellent reproducibility of standards,

comparable to other laboratories including those using the fluorination method, verifying the

accuracy and precision of the presented method.

The second study aims to improve the understanding of sulfate deposition and the spatial

distribution of hyperaridity. Samples taken along four E-W transects are analyzed for their

isotopic compositions (∆17OSO4 , δ
18OSO4 , δ

34SSO4 , and 86Sr/88Sr). Throughout positive
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∆17OSO4 values, determined using the method developed in the first study, suggest a significant

contribution from atmospheric sulfate for all Atacama Desert sediments. The combination of

∆17OSO4 and δ34SSO4 allows distinguishing between marine sulfate and sulfate that derived

from atmospheric oxidation of biogenic sulfur gases emitted from the Ocean. In addition, a clear

trend is visible in the triple oxygen isotopic composition (∆17OSO4 and δ18OSO4) of all samples,

pointing from the isotopic composition of atmospheric sulfate to that of biological cycled sulfate.

This trend reflects a gradient in the degree of biological activity and can therefore be used as

indicator for water availability in the Atacama Desert.

This work provides an optimized pyrolysis method for triple oxygen isotope analysis of sulfate

from desert environments and expands our knowledge of sulfate source contribution, sulfate

deposition, biological sulfate cycling, and water availability within the hyperarid Atacama

Desert.
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Kurzfassung

Sulfat ist das dominierende Salz in den Böden der Atacama Wüste, einer der ältesten und

trockensten Wüsten der Erde. Zu den Sulfatquellen gehören marines Sulfat, terrestrische

Verwitterung (z. B. Umverteilung von Oberflächenmaterial) und Sulfat, das in der Atmosphäre

durch Oxidation von reduzierten Schwefelspezies gebildet wird. Die stabile Isotopenzusam-

mensetzung von Sulfat (∆17OSO4 , δ
18OSO4 und δ34SSO4) ist charakteristisch für den jeweiligen

Entstehungsprozess, weshalb sie genutzt werden kann, um die einzelnen Sulfatquellen zu identi-

fizieren. Die klassischen, stabilen Isotopen Systeme (δ18OSO4 und δ34SSO4) helfen hauptsächlich

bei der Unterscheidung zwischen marinem und terrestrischem Sulfat, während eine positive

Anomalie in der 3-Sauerstoffisotopenzusammensetzung (∆17OSO4) ein spezifisches Merkmal

für in der Atmosphäre gebildetes Sulfat ist. Unter den Bedingungen, die an der Erdoberfläche

herrschen, ändert sich die Isotopenzusammensetzung von Sulfat nur, wenn das Sulfat von

Mikroben oder Pflanzen verarbeitet wird. Die Isotopenzusammensetzung von Sulfat erlaubt es

daher, Sulfatquellen zu identifizieren und Rückschlüsse auf biologische Prozesse zu ziehen. Dies

ist besonders interessant für Gebiete, in denen die biologische Aktivität aufgrund der geringen

Wasserverfügbarkeit eingeschränkt ist, wie zum Beispiel in der Atacama Wüste.

In der ersten Studie wird eine schnelle und einfach anzuwendende Methode zur Bestimmung

von ∆17OSO4 von natürlichen Sulfatproben vorgestellt. Sie beinhaltet ein Protokoll zur quan-

titativen Auflösung natürlicher Ca- und Na-Sulfatproben und Umwandlung in ausreichend

reines Ag-Sulfat für Pyrolyseanalysen. Ermittelte ∆17OSO4-Werte von mehreren laborinternen

Standards werden mit zuvor veröffentlichten Ergebnissen aus verschiedenen Laboren unter

Verwendung unterschiedlicher Methoden (Pyrolyse oder Fluorierung) verglichen. Ein Nor-

malisierungsverfahren führt zu einer ausgezeichneten Reproduzierbarkeit der Standards aus

verschiedenen Laboren, einschließlich derjenigen, die die Fluorierungsmethode verwenden, was

die Genauigkeit und Präzision der vorgestellten Methode bestätigt.
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Die zweite Studie zielt darauf ab, die Sulfatablagerung und die räumlichen Verteilung der

Hyperaridität besser zu verstehen. Proben, die entlang von vier E-W Transekten genommen

wurden, werden auf ihre Isotopenzusammensetzung (∆17OSO4 , δ
18OSO4 , δ

34SSO4 und 86Sr/88Sr)

analysiert. Die durchweg positiven ∆17OSO4-Werte, die mit der in der ersten Studie entwickelten

Methode bestimmt wurden, deuten auf einen signifikanten Beitrag von atmosphärischem Sulfat

für alle Sedimente der Atacama Wüste hin. Die kombinierte Betrachtung von ∆17OSO4 und

δ34SSO4 erlaubt es, zwischen marinem Sulfat und Sulfat zu unterscheiden, welches aus der

atmosphärischen Oxidation von biogenen Schwefelgasen stammt, die aus dem Ozean emittieren.

Darüber hinaus wird ein klarer Trend in der 3-Sauerstoffisotopenzusammensetzung (∆17OSO4

and δ18OSO4) aller Proben von der Isotopenzusammensetzung von atmosphärischem Sulfat zu

der von biologisch zyklischem Sulfat beobachtet. Dieser Trend spiegelt einen Gradienten im

Grad der biologischen Aktivität wider und kann daher als Indikator für die Wasserverfügbarkeit

in der Atacama Wüste verwendet werden.

Diese Arbeit liefert eine optimierte Pyrolyse-Methode für die 3-Sauerstoffisotopenanalyse von

Sulfat aus Wüstenumgebungen und erweitert das Wissen über den Beitrag von Sulfatquelle,

der Sulfatablagerung, dem biologischen Sulfatkreislauf und der Verfügbarkeit von Wasser in der

hyperariden Atacama Wüste.
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1.
Introduction

The Atacama is one of the oldest and driest deserts on Earth (Dunai et al., 2005; Evenstar

et al., 2017; Schween et al., 2020) even though it is located close to the Pacific Ocean at the

western coast of South America. The core of the Atacama Desert receives average annual

precipitation lower than 5% of potential evapotranspiration and is therefore characterized as

hyperarid (UNEP, 2011). The long-term hyperaridity highly influences biological but also

geological processes and has led to the exceptional environment observed today in the Atacama

Desert, which often serves as an analog for Mars. Under the prevalent hyperarid climate

conditions, surface processes operate relatively slowly leading to preservation of landscapes

and traces, which once have been shaped by the influence of water (e.g., fluvial erosion and

deposition, weathering, authigenic mineral formation, etc.) (e.g., Dunai et al., 2005; Evenstar

et al., 2009, 2017; Ritter et al., 2018; Mohren et al., 2020; Walk et al., 2020). An additional

indicator for the long-term hyperaridity are the salt (e.g., halite, sulfate, nitrate) deposits of

the Atacama Desert, which are unique on Earth in their extent and composition (Ericksen,

1981, 1983; Chong, 1994; Michalski et al., 2004; Pérez-Fodich et al., 2014; Álvarez et al., 2015;

Reich and Bao, 2018). For example, the Atacama nitrate deposits, which can be found in

an almost continuous 700 km long and about 20 km wide belt east of the Coastal Cordillera,

are by far the largest nitrate deposits in the world Ericksen (1981, 1983); Chong (1994). The

accumulation and preservation of such massive amounts of nitrate were only possible due to

long-term prevailing hyperarid conditions in the Atacama Desert. Because all nitrate salts

are highly soluble, humid conditions and the frequent occurrence of precipitation would have

leached-out the nitrates from the sediment. The most dominant salts in Atacama Desert

soils are calcium sulfates (CaSO4 · xH2O; x= 0...2) (Ericksen, 1981, 1983; Ewing et al., 2006;

Voigt et al., 2020). Along with nitrates (NO –
3 ) and chlorides (Cl– ), sulfates (SO 2–

4 ) play an

important role regarding weathering, water infiltration and trapping in the soil, and general soil
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1. Introduction

dynamics (Ericksen, 1981; Ewing et al., 2006; Davis et al., 2010; Mohren et al., 2020). Prominent

features include surfaces covered in powdery gypsum (chuca), gypsum crust formation and

disintegration, and polygon patterned grounds (Ericksen, 1981; Davis et al., 2010; Sager et al.,

2021). Because sulfate dominates this unique desert environment, it is crucial to identify local

sulfate sources and post-depositional processes to understand its deposition and the evolution

of the desert landscape. The contribution of each source to the total soil depository varies

spatially depending on elevation, distance from sources, and local climate conditions like water

availability or prevailing wind direction (Rech et al., 2003; Voigt et al., 2020). In the present

thesis, a novel triple oxygen isotope tool (∆17OSO4) is combined with more classical indicators

(δ18OSO4, δ34SSO4, and 87Sr/86Sr) to disentangle different sulfate sources and estimate their

contributions.

1.1. Atacama Desert

The Atacama Desert covers a land strip in southern Peru and northern Chile between 15°S

and 30°S from the sea level (Pacific Ocean) to 3500 m altitude (western slope of the high

Andes) (Houston and Hartley, 2003). From west to east, the Atacama Desert can be divided

into four major tectonic areas (1) the Coastal Cordillera, (2) the Central Depression, (3) the

Precordillera, and (4) the Western Cordillera of the high Andes. The Coastal Cordillera mainly

shows elevations <2000 m and consists of Jurassic andesitic volcanic rocks intercalated with

Cretaceous marine limestone, shale, and conglomerates (Allmendinger and González, 2010).

The Central Depression is a topographic low situated between the Coastal Cordillera and the

Precordillera with elevations between 1000 and 2000 m. This longitudinal continental forearc

basin is filled with several hundred meters of Cenozoic fluvial and lacustrine sediments and

alluvial fan deposits from both Cordilleras (Hartley et al., 2000; Hartley and Evenstar, 2010).

The Precordillera extends from 1900− 2300 m in the west to 3200− 3650 m in the east and

consists of a number of faulted blocks of Palaeozoic and Mesozoic strata and Cenozoic alluvial

sediments interbedded with ignimbrites derived from the Western Cordillera (Victor et al.,

2004; Garcia and Hérail, 2005). The Western Cordillera of the high Andes has average altitudes

between 3800 and 4500 m and peaks as high as 6350 m. It is a presently active volcanic arc,

2



1.1. Atacama Desert

with rhyolitic volcanism dating back to the Miocene. Its basement is formed by Precambrian

to Early Paleozoic metamorphic rocks and Mesozoic volcanic and sedimentary rocks (Hartley

and Evenstar, 2010; Karátson et al., 2012).

The zonal location of the Atacama Desert between 15°S and 30°S in the subtropical high-

pressure belt promotes the hyperaridity due to permanent air subsidence caused by the Hadley

circulation (Houston, 2006; Nguyen et al., 2013). Additionally, southerly trade winds blow

parallel to the coast, which causes upwelling of cold water masses from high latitudes inhibiting

the moisture uptake of coastal onshore winds by low-surface evaporation (Thiel et al., 2007).

This leads to a stable atmospheric stratification due to a strong temperature inversion layer

trapping any Pacific moisture below ~1200 m altitude, inhibiting precipitation, and preventing

moisture transport to the interior of the Atacama Desert (Rundel et al., 1991; Hartley and

Chong, 2002; Rutllant et al., 2003). Moisture transport from the east is limited due to the rain

shadow effect of the high Andes and the long distance to moisture sources from the Atlantic

Ocean or Amazonia (Houston and Hartley, 2003). All effects combined lead to the (hyper-)arid

conditions presently observed in the Atacama Desert – in parts with less than 2 mm yr-1

precipitation (Houston, 2006).

The rare annual precipitation events can be divided into two regimes. First, summer rain

occurs at the slope of the Andes and increases with altitude. However, precipitation exceeding

20 mm yr-1 is only observed above 2400 m altitude (Houston, 2006). Second, winter rain

occurs between the Andes and the coast. This regime of precipitation increases towards the

south and values higher than 5 mm yr-1 are observed south of 24.5°S (Houston, 2006; Schween

et al., 2020). Despite these low annual precipitation amounts, severe precipitation events with

>20 mm may occur in relation with cutoff low events, especially in the southern part of the

Atacama Desert (Jordan et al., 2019; Reyers and Shao, 2019; Schween et al., 2020). Today, the

Central Depression and the Coastal Cordillera above 1200 m between 19°S and 23.5°S receive

the least amount of precipitation (Figure 1.1). Aridity generally decreases with increasing

distance to this hyperarid core, especially at elevations >4000 m (Houston, 2006).

As rare precipitation events mainly occur in the southern part of the Atacama Desert,

moisture transport by fog becomes increasingly important towards the north, especially away

from groundwater fed playas (Cáceres et al., 2007). Stratocumulus clouds expanding from

3



1. Introduction

C
O

A
S

T
A

L
C

O
R

D
I

L
L

E
R

A
C

O
A

S
T

A
L

C
O

R
D

I
L

L
E

R
A

C
E

N
T

R
A

L
D

E
P

R
E

S
S

I
O

N

P
R

E
C

O
R

D
I

L
L

E
R

A
P

R
E

C
O

R
D

I
L

L
E

R
A

W
E

S
T

E
R

N
C

O
R

D
I

L
L

E
R

A
W

E
S

T
E

R
N

C
O

R
D

I
L

L
E

R
A 0 − 1000 m

1000 − 2000 m
2000 − 3000 m
3000 − 4000 m
4000 − 5000 m

Figure 1.1.: Right panel: Location of the studied area indicated by yellow square.
Left panel: Enlarged section from right panel. Color-shaded digital elevation model
derived from SRTM data, created using ArcGIS 10.5.1 with isohyets (solid black
lines; numbers are in mm yr-1; Houston, 2006). The maximum extension of fog
penetrating inland is approximately equal to 1200 m (solid yellow line; Cereceda
et al., 2008).
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1.2. Triple Oxygen Isotopes

the Pacific Ocean transport moisture to coastal areas at elevations between 700 and 1000 m

but occasionally reaching altitudes down to 600 m and up to 1200 m (Cáceres et al., 2007;

Cereceda et al., 2008; Muñoz et al., 2011; Schween et al., 2020). In the northern part of

the Atacama Desert (between 19°S and 22°S), the Coastal Cordillera is generally lower than

1200 m and additionally intersected by deep canyons (quebradas), through which fog can

penetrate deeper inland (Cereceda et al., 2008). Between 22°S and 25.5°S, the mean altitude of

the Coastal Cordillera is 1500 m with several zones being >2000 m high. Hence, in this southern

part of the Atacama Desert, the Coastal Cordillera effectively blocks the advective fog from

penetrating inland. An exception is the coastal region near Antofagasta (Figure 1.1), where

inland fog is regularly observed (Cáceres et al., 2007). Additionally, radiative fog may occur

when temperatures in the Central Depression strongly decrease at night causing condensation

of atmospheric vapor initiating fog formation (Cereceda et al., 2008; Schween et al., 2020).

1.2. Triple Oxygen Isotopes

Oxygen has three stable isotopes, 16O, 17O, and 18O, which have average terrestrial abundances

in atom per cent of 99.76206, 0.03790 and 0.20004, respectively (Coplen et al., 2002). Analyses of

the stable oxygen isotopes provide insights into recent and paleo geo-, bio-, and cosmochemical,

hydrological, and atmospheric phenomena for nearly a century (Urey and Bradley, 1931; Manian

et al., 1934; Urey, 1947; McCrea, 1950; Craig et al., 1963). The triple oxygen isotope composition

between different reservoirs vary due to preference and discrimination of isotopes during natural

processes. Differences in the resulting oxygen isotope ratios can help to identify these processes

(e.g., Barkan, 2007; Hofmann et al., 2012; Landais et al., 2012; Pack and Herwartz, 2014; Casado

et al., 2016; Sharp et al., 2016; Surma et al., 2021; Voigt et al., 2021).

1.2.1. Terminology

The oxygen isotope composition of a material is commonly reported relative to an internationally

accepted standard using δ notation:

δ∗O =
∗Rsmp
∗Rstd

− 1, (1.1)

5



1. Introduction

where ∗R is the mole ratio of the rare over the abundant isotope (17O/16O or 18O/16O) in the

sample (∗Rsmp) and standard material (∗Rstd), and ∗ denotes the mass of the rare isotope (17

or 18, respectively). In a similar fashion, the δ notation is used for other elements, e.g., for

sulfur δ34S with R = 34S/32S.

In general, differences in the isotope ratio of matter evolve due to fractionation processes like

phase transitions, transport, or chemical reactions. The fractionation between two phases A

and B can be expressed by the fractionation factor ∗αA−B:

∗αA−B =
∗RA
∗RB

. (1.2)

For a specific fractionation process, 17α and 18α are related by the triple oxygen isotope

exponent θ (Young et al., 2002):

θ = ln(17α)
ln(18α)

17α =18 αθ .

(1.3)

Fractionation processes can be divided into mass-independent and mass-dependent processes.

For mass-independent processes, θ is approximately 1 resulting in 17α ≈ 18α. For mass-

dependent processes, θ varies between 0.5 and 0.5305 depending on the specific fractionation

process, the substances involved, and fractionation temperature (Matsuhisa et al., 1978; Bao

et al., 2016; Herwartz, 2021). The value of approximately 0.5 is a result of the relative mass

difference between 17O and 16O, and 18O and 16O:

17− 16
18− 16 = 1

2 = 0.5. (1.4)

In natural processes, like evaporation or condensation, several mass-dependent fractionation

processes occur simultaneously. Observed correlations between δ17O and δ18O are described by

(Bao et al., 2016):

δ17O = λ · δ18O. (1.5)

6



1.2. Triple Oxygen Isotopes

Deviations from this mass-dependent correlation can be illustrated by the ∆17O notation:

∆17O = δ17O− λ · δ18O. (1.6)

Note that λ is arbitrary and thus a variety of definitions for ∆17O are in use. For terrestrial

materials, 0.52 is a reasonable average value λ (Matsuhisa et al., 1978) and is commonly used

when dealing with large mass-independent fractionation effects (Savarino et al., 2001; Alexander

et al., 2002; Kunasek et al., 2010; Schauer et al., 2012; Geng et al., 2013; Hill-Falkenthal

et al., 2013; Walters et al., 2019). The focus of this study is to reveal and interpret such

mass-independent oxygen isotope signatures in sulfates. Therefore, λ = 0.52 is used throughout

the present thesis.

1.2.2. Mass-Independent Oxygen Isotope Signatures

Meteorites

A mass-independent oxygen isotope correlation of δ17O ≈ δ18O was first observed in calcium-

aluminum-rich inclusions (CAI) from the carbonaceous chondrite, Allende (Clayton et al.,

1973). Additional measurements of CAIs, hibonite-bearing inclusions from a CM chondrite

(Murchison), and a chondrule from a carbonaceous chondrite (Acfer214) revealed depletions

in δ18O and δ17O of up to 75‰ (Kobayashi et al., 2003; Liu et al., 2009). Complementary,

enrichments in δ18O and δ17O of up to 180‰ were found in the aqueous altered matrix of a

primitive carbonaceous chondrite (Acfer094) (Sakamoto et al., 2007). The prevailing view is

that the mass-independent oxygen isotope correlation reflects a chemical process (Dauphas and

Schauble, 2016), rather than a nucleosynthetic process as initially proposed by Clayton et al.

(1973). The chemical process might be self-shielding in the ultraviolet photo-dissociation of

carbon monoxide (Clayton, 2002; Lyons and Young, 2005). Alternatively, a symmetry-based

dynamical fractionation effect is postulated for monoxide (e.g., SiO) recombination on the

surface of growing CAIs (Marcus, 2004; Chakraborty et al., 2013) similar to the fractionation

effect observed during the formation of ozone (Gao and Marcus, 2001).
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1. Introduction

Ozone

Thiemens and Heidenreich (1983) first demonstrated experimentally that the formation of

ozone from molecular oxygen results in a mass-independent oxygen isotope correlation of

δ17O ≈ δ18O in ozone. Oxygen isotope measurements of stratospheric ozone later confirmed

equal enrichments in δ18O and δ17O of up to 100‰ (e.g., Mauersberger, 1987; Schueler et al.,

1990). The distinct mass-independent oxygen isotope signature is thought to originate mainly

from the formation reaction. The formation of ozone proceeds through two collisions. A

two-body O-O2 collision forms the metastable state of ozone (O*3 ) which can stabilize to ozone

(O3) by an inelastic collision with a third body M (Babikov et al., 2003; Teplukhin and Babikov,

2018):

O + O2 ←→ O∗3, (1.7)

O∗3 + M −→ O3 + M. (1.8)

In both equations any combination of 16O, 17O, and 18O may be involved. The observed

isotope effect is independent of the identity of M that can be any atmospheric atom or molecule

(typically N2) (Babikov et al., 2003). The possibility for a stabilization increases with the

lifetime of O*3 . The dissociation lifetime is strongly affected by the substitution of 17O or 18O

into the ozone molecule and the position (central or distal) of these rare isotopes in the ozone

molecule (Janssen et al., 2001; Babikov et al., 2003). Thus, a long dissociation lifetime of O*3
leads to a higher formation rate of the respective stable ozone isotopologue. In addition, the

formation rate of a certain ozone isotopologue depends on the isotope concentration of the

involved oxygen atoms. Figure 1.2 shows the formation rate coefficient (formation rate relative

to the isotope concentration) of stable ozone isotopologues for different formation pathways

relative to the 16O + 16O16O = 16O16O16O pathway. The observed mass-independent oxygen

isotope signature of ozone (δ17O/δ18O ≈ 1) is probably a result of varying formation rates of

different ozone isotopologues.

The mass-independent fractionation effect during ozone formation results in (1) an enrichment

of heavy isotopes in ozone, and (2) a corresponding depletion in the residual atomic and molecular
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oxygen (Thiemens and Heidenreich, 1983). Since the O2 reservoir in the atmosphere is extremely

large compared to that of O3, the isotope effect in O2 is relatively small (∆17O = −0.32‰,

recalculated with λ = 0.52; Pack, 2021) compared to that observed in O3 (∆17O = +20‰

to +40‰; Johnston and Thiemens, 1997). The effect diminishes at high gas pressure or high

temperature conditions, where collision rates with surrounding molecules increase and O*3
lifetime differences become less important (Dauphas and Schauble, 2016). However, details

of the fractionation mechanism are still not fully understood (Teplukhin and Babikov, 2018;

Miller and Pack, 2021; Thiemens and Lin, 2021).

During atmospheric reactions, the unique triple oxygen isotope signature of O3 is transferred

to other oxygen bearing compounds like hydrogen peroxide (H2O2), perchlorate (ClO –
4 ),

stratospheric carbon dioxide (CO2), sulfate (SO 2–
4 ), or nitrate (NO –

3 ) (Figure 1.3). Aerosols

of these compounds therefore show positive 17O anomalies. After deposition, this unique

oxygen isotope signature allows to identify the contribution of the atmospheric source within a

sedimentary record (Bao et al., 2004; Michalski et al., 2004). The present thesis investigates the

potential of the triple oxygen isotope composition of sulfates from Atacama Desert sediment

samples to identify different sulfate sources.

1.3. Isotope Characteristics of Sulfate Sources

Sulfate can be found in continental rocks and sediments, dissolved in water, or as aerosol in

the atmosphere. Once formed, the oxygen isotope composition of sulfate remains generally

unchanged. Under abiotic conditions sulfate requires about 109 years to fully exchange its

oxygen isotope inventory with that of water (at marine pH and temperature; Rennie and

Turchyn, 2014). The isotopic composition of sulfate can however be altered when it is exposed

to extremely acidic or higher temperature/pressure conditions (Kusakabe and Robinson, 1977;

Chiba et al., 1981; Rennie and Turchyn, 2014), or when processed by microbes or plants

(Böttcher et al., 2001; Koprivova and Kopriva, 2016). Sulfate can form via oxidative weathering

of sulfides, precipitate from evaporating water, or accumulate by wet and dry atmospheric

deposition (Bao et al., 2001a, 2004; Michalski et al., 2004). These individual sulfate sources

comprise distinct isotopic fingerprints that are discussed in detail in the following subsections.
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1.3.1. Terrestrial Sulfate

Terrestrial weathering as sulfate source includes dissolution and reprecipitation of sulfate (e.g.,

CaSO4) and oxidative weathering of sulfides. During dissolution, the isotopic composition of

sulfate maintains unchanged and thus, reflects the isotopic composition of the original sulfate

source. Sulfides, like pyrite (FeS2), are oxidized biotically or abiotically via dissolved oxygen,

or though reaction with Fe3+ and H2O (Balci et al., 2007; Tichomirowa and Junghans, 2009;

Kohl and Bao, 2011). These two main oxidation processes can be described by the following

bulk reactions (e.g., Singer and Stumm, 1970)

FeS2 + 7
2 O2 + H2O −→ 2 SO 2−

4 + Fe2+ + 2 H+ (1.9)

FeS2 + 14 Fe3+ + 8 H2O −→ 2 SO 2−
4 + 15 Fe2+ + 16 H+ (1.10)

The oxygen isotope composition of the produced terrestrial sulfate depends on (1) the proportion

of these two reactions and whether these reactions proceed biotically or abiotically, (2) the

oxygen isotope composition of dissolved O2 and H2O, (3) the relation between the sulfate

formation rate and the oxygen isotope exchange rate between water and the intermediates during

sulfate production (e.g., sulfite (SO 2–
3 )), and (4) equilibrium and kinetic isotope fractionation

during the oxidation itself or during isotope exchange, e.g., between water and sulfite (Pisapia

et al., 2007; Thurston et al., 2010; Kohl and Bao, 2011; Bao, 2015; Cao and Bao, 2021). These

aspects lead to an overall fractionation effect in δ18O between sulfate and H2O of +2‰ to

+16‰, and between sulfate and O2 of −29‰ to −4‰ (Thurston et al., 2010). All these

aspects and processes are expected to affect the oxygen isotope composition mass-dependently,

wherefore ∆17OSO4 values from 0‰ to slightly negative values (down to −0.3‰) gained from

atmospheric O2 or highly evaporated water are reasonable. The sulfur isotope composition

of the formed sulfate depends on similar aspects: (1) the proportion of the two reactions

and whether they proceed biotically or abiotically, (2) the sulfur isotope composition of the

oxidized sulfide, and (3) equilibrium and kinetic isotope fractionation effects (Pisapia et al.,

2007; Thurston et al., 2010). The overall fractionation effect in δ34S between the formed sulfate

and the oxidized sulfide varies between −4‰ and +5‰ (Thurston et al., 2010).
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Due to the low water availability in the Atacama Desert oxidative weathering of sulfides is

generally limited. However, in salt lakes, like the Salar de Llamará, sulfate is reduced to H2S,

which diffuses to the surface where it is reoxidized to sulfate. The isotopic characteristics of

this cycled sulfate is described in subsection 1.3.4 (p. 17).

1.3.2. Marine Sulfate

Marine sulfate mainly originates from terrestrial weathering delivered to the ocean by rivers

(Wortmann et al., 2007; Burke et al., 2018; Waldeck et al., 2019). Sulfate is then removed from

the ocean through biological reactions and precipitation of sedimentary sulfides (e.g., pyrite)

and sulfates (evaporites and carbonate associated sulfate). Thus, the isotopic composition of

marine sulfate represents a global average of terrestrial weathering, modified by the fractionation

introduced by biological sulfate cycling.

The isotopic composition of marine sulfate is well characterized and generally invariable due

to the long residence time of sulfate in the ocean compared to the much shorter oceanic mixing

time (~107 years and 103 years, respectively; Turchyn and Schrag, 2004). The oxygen isotope

composition of marine sulfate is +8.67± 0.21‰ and 0.07± 0.02‰ for δ18OSO4 and ∆17OSO4 ,

respectively (recalculated with λ = 0.52; Waldeck et al., 2019). The δ34SSO4 value of marine

sulfate is 21.15± 0.15‰ (Johnston et al., 2014).

1.3.3. Atmospheric Sulfate

Atmospheric sulfate can be divided into emissions of fully oxidized sulfate at the source called

primary atmospheric sulfate = PAS and sulfate that is formed within the atmosphere by

oxidation of reduced sulfur species called secondary atmospheric sulfate = SAS.

Primary Atmospheric Sulfate

PAS emits directly as sulfate into the atmosphere. Sources include anthropogenic emissions

from fossil fuel combustion or industrial processes, volcanoes, sea spray, and wind erosion

(Bao et al., 2004; Mather et al., 2006; Dominguez et al., 2008; Alexander et al., 2012). PAS

is isotopically indistinguishable from the initial sulfate sources, e.g., marine sulfate or cycled

sulfate, which are described individually in their respective subsections.
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1.3. Isotope Characteristics of Sulfate Sources

Secondary Atmospheric Sulfate

Secodary atmospheric sulfates originate from oxidation of reduced sulfur species in the atmo-

sphere (e.g., SO2). They show a unique positive ∆17OSO4 (see above). The three major sources

of reduced sulfur gases to the atmosphere are (1) anthropogenic emissions, (2) emission from

volcanoes, and (3) biogenic sulfur gases emitted from the ocean (e.g., dimethyl sulfide (DMS),

a waste produced by phytoplankton) (Brimblecombe, 2013).

The oxidation is initiated by rapid equilibrium oxygen exchange between the gas phase sulfur

species and liquid water droplets described by (Newman et al., 1991; Michalski et al., 2004):

SO2 + H2O(l) ←→ H2SO3 ←→ H+ + HSO −
3 ←→ 2H+ + SO 2−

3 . (1.11)

All sulfur species in (1.11) have the same oxidation state and are collectively termed S(IV). As

oxygen isotopes exchange rapidly between the different S(IV) species, all S(IV) species generally

have the same oxygen isotope composition as tropospheric H2O with δ18O = −15‰ to −5‰

and ∆17O ≈ 0‰ in the South American atmosphere (Bowen and Wilkinson, 2002; Uemura

et al., 2010) (Figure 1.3 and Figure 1.4). S(IV) is then oxidized to sulfate either in gas phase

via OH, or in aqueous phase via O3, H2O2 or transition-metal-catalyzed via O2 (Savarino et al.,

2000). During these reactions oxygen and its isotopic composition is transmitted from the

oxidant to the final sulfate ion (Savarino et al., 2000). The oxidant OH shows the same oxygen

isotope composition as tropospheric H2O and thus S(IV), while the other possible oxidants –

O3, H2O2, and O2 – show significant different oxygen isotope signatures compared to S(IV)

(Figure 1.4). Hence, the oxygen isotope composition of sulfates originating from aqueous phase

oxidation (SO4(O3), SO4(H2O2), and SO4(O2)) falls between S(IV) and the respective oxidant in

the triple oxygen isotope space (Figure 1.4).

The dominance of an oxidation pathway mainly depends on temperature, the amount of

each reactant, and the pH value of the aqueous phase in the atmosphere (Liang and Jacobson,

1999; Martin et al., 2014). Generally, H2O2 is the major oxidant at pH values below 6, while

oxidation via O3 becomes increasingly important for pH values above 6 (Liang and Jacobson,

1999). For anthropogenic and volcanic emissions to the North Chilean atmosphere, the relative

contribution of each S(IV) oxidation pathway was estimated from several global circulation
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Figure 1.4.: A) δ18O and ∆17O values of S(IV) and its oxidants (O3, H2O2, O2, OH, and
H2O) in the troposphere and the respective resulting δ18OSO4

and ∆17OSO4
values

of the oxidized endmember sulfate (SO4(O3), SO4(H2O2), SO4(O2), and SO4(OH)).
Gray areas indicate each oxidation pathway. Data originates from Johnston and
Thiemens (1997); Savarino and Thiemens (1999); Savarino et al. (2000); Bowen
and Wilkinson (2002); Pack (2021).
B) Enlarged section from A) (indicated by the dashed square) with additional
predicted δ18OSAS and ∆17OSAS values of SAS based on various global circulation
models (Feichter et al., 1996; Barth et al., 2000; Rasch et al., 2000; Berglen et al.,
2004; Sofen et al., 2011).
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models giving total ranges of 11 - 36% oxidation via OH, 8 - 17% via O3, 50 - 74% via H2O2,

and 0 - 5% transition-metal-catalyzed via O2 (Feichter et al., 1996; Barth et al., 2000; Rasch

et al., 2000; Berglen et al., 2004; Sofen et al., 2011). These relative contributions and the oxygen

isotope signatures of SO4(OH), SO4(O3), SO4(H2O2), and SO4(O2) shown in Figure 1.4 were used

to define a range of the possible oxygen isotope composition of SAS for the Atacama Desert.

The δ18OSAS values vary between −2.8‰ and 19.5‰, while ∆17OSAS values show a range from

0.7‰ to 2.4‰ (Figure 1.4B). When studying a rather polluted atmosphere, these models might

underestimate the transition-metal-catalyzed O2 oxidation pathway (Alexander et al., 2009;

Harris et al., 2013; Li et al., 2020). However, for the rather clean southern hemisphere up to 5%

of S(IV) oxidation proceeding through the O2 pathway is a reasonable assumption. Biogenic

sulfur gases emitted from the ocean are mainly oxidized within the marine boundary layer,

where alkaline conditions lead to higher contributions of the O3 oxidation pathway (Alexander

et al., 2012). The relative amounts of each oxidation pathway vary significantly within the

marine boundary layer due to unstable prevalent conditions, resulting in variable amounts and

thus variable proportions of the reactants (Dominguez et al., 2008; Alexander et al., 2012).

Nevertheless, biogenic sulfur gases (e.g., DMS) above the ocean are dominantly oxidized via O3

due to aerosol pH > 6. In order to model this endmember, hereafter referred to as ‘SAS(DMS)’,

it is assumed that O3 is the only reactant (Figure 1.5).

The sulfur isotope composition of SAS mainly depends on the δ34S of the S(IV) source

and varies slightly with the relative contribution of each oxidation pathway (Harris et al.,

2012, 2013). Anthropogenic and volcanic emissions show ranges in δ34SSO4 of −3‰ to 10‰

and −7‰ to 7‰, respectively (Nielsen, 1974; Thode, 1991; Krouse and Mayer, 2000; Bao

et al., 2003). Biogenic sulfur gases emitted from the ocean show a narrow range in δ34S of

18.9‰ to 20.3‰ (Amrani et al., 2013). At low temperatures, high humidity, and high aerosol

concentrations (haze episodes), fractionation effects during S(IV) oxidation may lead to sulfate

aerosol with δ34S values 5 ± 2‰ higher compared to the S(IV) source (Mukai et al., 2001;

Li et al., 2020). However, such conditions are generally not observed in the Atacama Desert,

wherefore fractionation effects are expected to be small. Here, the δ34S of the S(IV) source is

assumed for the formed sulfate resulting in δ34SSO4 ranges of −3‰ to 10‰, −7‰ to 7‰, and

18.9‰ to 20.3‰ for anthropogenic SAS, volcanic SAS, and SAS(DMS), respectively.
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1.3.4. Cycled Sulfate

Sulfate is taken up by plants, which reduce sulfate to sulfite and further to sulfide when it is

assimilated into amino acid cysteine (Koprivova and Kopriva, 2016). Additionally, in anaerobic

environments, the sulfur cycle is dominated by microbial sulfate reduction (Wankel et al., 2014).

In these biological sulfate reduction pathways, sulfuroxy intermediates exchange their oxygen

with ambient water and thereby overprint the original oxygen isotope signal (Betts and Voss,

1970; Böttcher et al., 2001). The reduced sulfur species (e.g., sulfite (SO 2–
3 ) and sulfide (H2S))

are subsequently abiotically or biotically reoxidized to sulfate via dissolved O2, Fe3+, or other

oxidants (Bao, 2015; Cao and Bao, 2021). The reoxidized sulfate is hereinafter termed ‘cycled

sulfate’.

The oxygen isotope composition of cycled sulfate depends on (1) the oxygen isotope signature

of the respective oxygen source (O2 and H2O), (2) the relative proportion of each oxidation

pathway, (3) the oxygen exchange rates between water and the sulfuroxy intermediates (e.g.,

SO 2–
3 ), (4) respective fractionation factors, and (5) general reaction rates (Wankel et al.,

2014). Calculations (Zeebe, 2010) and observations (Böttcher et al., 2001; Farquhar et al., 2008)

predict an overall oxygen isotope fractionation between cycled sulfate and H2O of 15‰ to 30‰

in δ18O. The oxygen isotope composition of water in the Atacama Desert (e.g., salar water)

depends largely on the degree of evaporation at given climatic conditions (e.g., temperature,

relative humidity, and wind speed), the amount of recharge, the oxygen isotope composition

of all involved H2O species (i.e., initial water, atmospheric water vapor, recharge water), and

salinity (Surma et al., 2018; Voigt et al., 2021). Observed salar water isotope compositions

cover a wide range in δ18OH2O of −10‰ to 15‰, but show a rather limited variability in

∆17OH2O of −0.1‰ to 0.1‰ (recalculated with λ = 0.52), because all involved processes are

mass-dependent (Surma et al., 2018; Voigt et al., 2021). Hence, for cycled sulfate in the Atacama

Desert assuming a δ18OSO4 range between 5‰ and 45‰ and a ∆17OSO4 range between −0.2‰

and 0.1‰ is reasonable. The more negative ∆17OSO4 values derive from oxidation via O2 or

highly evaporated water.

The sulfur isotope composition of the cycled sulfate is controlled by the δ34SSO4 of the

initial sulfate, the sulfur flux through the network of involved biochemical reactions, as well

as the kinetic and equilibrium isotope effects associated with each step within the reaction
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network (Johnston et al., 2007; Bradley et al., 2011; Wankel et al., 2014). The sulfur isotope

composition of possible initial sulfates already covers a large range in δ34SSO4 from −7‰ to

21.15‰. Therefore, a range in δ34SSO4 of cycled sulfate is not further defined.

1.3.5. Strontium

The strontium isotope ratio of matter is influenced by the β− decay of 87Rb to 87Sr with a half

life of T1/2 = 4.96 ·1010 years (Villa et al., 2015). Due to the geochemical behavior of Rb during

partial melting and subsequent melt transport, the bulk continental crust is enriched in Rb

relative to the primitive mantle (Wedepohl, 1991). The radioactive decay of 87Rb subsequently

leads to higher 87Sr/86Sr ratios in the continental crust (global average from modern rivers
87Sr/86Sr = 0.712) compared to the Rb depleted mantle with 87Sr/86Sr = 0.702 (Palmer, 1992;

McArthur, 1994). Sr fluxes to the ocean of these two main Sr sources – continental crust and

mantle – vary due to different intensities of seafloor spreading and continental rock weathering

leading to variations of marine 87Sr/86Sr over geological time scales (Brass, 1975; Burke et al.,

1982). Globally, the strontium isotope ratio is invariable within the ocean, due to the long

residence time of strontium in the ocean compared to the much shorter oceanic turnover time

(~106 years and 103 years, respectively; Burke et al., 1982; McArthur, 1994). The modern

marine 87Sr/86Sr ratio is 0.7091 (Burke et al., 1982), while groundwater in the Atacama Desert

shows a range in 87Sr/86Sr from 0.705 to 0.715 (Gamboa et al., 2019; Godfrey et al., 2019).

Sr is geochemically similar to Ca in ionic charge and ionic radius and therefore substitutes

for Ca in mineral crystal lattices (Salifu et al., 2018). Rb is geochemically different compared

to Ca and does therefore not substitute for Ca in the Ca-sulfate crystal lattice. Hence, after

crystallization, no radiogenic 87Sr is produced and the initial 87Sr/86Sr ratio of Ca-sulfates is

preserved. This allows to use the 87Sr/86Sr ratio of Ca-sulfate as a proxy to distinguish between

the marine and the Andean Ca sources (Rech et al., 2003; Salifu et al., 2018).
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1.4. Objectives

Previous work demonstrated the potential of isotope analysis of oxygen, sulfur, and strontium

to trace different sulfate sources (e.g., Rech et al., 2003; Bao et al., 2004; Harris et al., 2012;

Alexander et al., 2012). The primary objective of this thesis is to investigate the spatial

distribution of different sulfate sources and to identify post-depositional processes, like microbial

sulfate cycling. To trace biological activity is especially interesting in areas, where life is limited,

e.g., due to extremely low water availability. This is especially interesting for areas, where

biological activity is limited due to the low water availability. In this thesis, different isotope

systems (∆17OSO4 , δ
18OSO4 , δ

34SSO4 , and
87Sr/86Sr) are combined to evaluate the relative

contribution of marine, continental, and atmospheric sulfate deposition across the coastal and

central regions of the Atacama Desert between 19°S and 25°S. The oxygen isotope composition

of sulfates is of particular interest because it can be used to trace biological activity. Under

abiotic Earth’s surface conditions the oxygen isotopic composition of sulfates is stable and does

not undergo any considerable isotope exchange with water. Thus, sulfates’ oxygen isotopic

composition reflects the initial sulfate source.

Chapter 2 comprises descriptions of the used methods to determine ∆17OSO4 , δ
18OSO4 ,

δ34SSO4 and 87Sr/86Sr of natural samples from the Atacama Desert. For the triple oxygen

isotope analysis of the large sample set investigated in this study, a fast and easy-to-use

protocol was elaborated. The protocol includes quantitative dissolution of natural sulfate

samples, conversion into silver sulfate sufficiently pure for pyrolysis and subsequent ∆17OSO4

measurements, and a data normalization procedure to ensure the comparability between

methods and laboratories. The accuracy and precision of this protocol was proved by analyzing

various in-house standards from other laboratories and by re-analyzing an Atacama Desert soil

pit which was previously analyzed using the fluorination method (Ewing et al., 2008).

Chapter 3 deals with the results and interpretation of combined sulfur, strontium, and triple

oxygen isotope analyses of soil samples in order to identify, map and quantify sulfate source

contributions. While the triple oxygen isotope composition is especially useful to identify the

atmospheric source contribution, the sulfur isotope composition and strontium isotope ratio

trace the redeposition of marine sulfate (Rech et al., 2003). The combination of oxygen and

sulfur isotope analyses can help to identify biogenic sulfur gases emitted from the ocean and to
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detect biological sulfate cycling. In addition, the potential of ∆17OSO4 to identify bioactivity

and therewith water availability is investigated. In combination with δ18OSO4 and δ34SSO4 ,

∆17OSO4 might help to detect the spatial extend of extreme long-term hyperaridity in the

Atacama Desert.
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2.
Methods

2.1. Optimizing Sulfate Pyrolysis Triple Oxygen Isotope Analysis for

Samples from Desert Environments

Klipsch, S., Herwartz, D. and Staubwasser, M. (2021) ‘Optimizing Sulfate Pyrolysis Triple

Oxygen Isotope Analysis for Samples from Desert Environments’. Rapid Communication of

Mass Spectrometry 35 14 DOI: 10.1002/rcm.9102

2.1.1. Introduction

The triple oxygen isotope composition of sulfate provides information on the formation pathway

of sulfate ions (Savarino et al., 2000; Bao, 2015). Sulfate formed in the atmosphere (secondary

atmospheric sulfate = SAS) generally reveals a positive mass-independent fractionation signature

(∆17OSO4) as a result of SO2 oxidation via ozone or H2O2 (Johnston and Thiemens, 1997;

Savarino and Thiemens, 1999; Savarino et al., 2000). Changes in the contribution of SAS or

variations in atmospheric oxidation capacity are recorded as variable ∆17OSO4 in sulfates from

ice cores (Alexander et al., 2002; Kunasek et al., 2010; Hill-Falkenthal et al., 2013; Walters

et al., 2019) or desert soils (Bao et al., 2001b,a, 2004). These records trace the global-scale

intra-decadal ENSO climate cycles (Shaheen et al., 2013), and the distribution and biologic

cycling of SAS deposition (Johnson et al., 2001). Negative ∆17OSO4 values are generated via

oxidation with O2 and reveal anomalously high atmospheric pCO2 in past climatic extremes

like Snowball-Earth (Bao et al., 2008; Cao and Bao, 2013) and the corresponding state of the

global sulfur cycle (Crockford et al., 2016; Waldeck et al., 2019). In desert environments, triple

oxygen isotopes are useful to quantify the distribution of individual sulfate sources (oceanic,

volcanic, atmospheric) in space and time, and to identify biological sulfate cycling, which erases

∆17OSO4 anomalies. The application of this method to Atacama and Namib Desert process
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studies was our prime motivation for the present analytical study. Such environmental studies

are usually conducted along transects to work out spatial patterns of desert processes or down

soil and sediment profiles to reconstruct changes of environmental conditions in the past. Both

types of studies require the preparation and analysis of large numbers of samples.

There are a number of challenges to overcome in preparing sulfates from natural samples

for triple oxygen isotope analysis and to perform such analyses on large numbers of samples.

Water and HCl extracts have been used to leach sulfates from desert soil samples (Bao et al.,

2001b,a, 2004). However, water extracts disproportionately dissolve highly soluble sulfate

common in the desert environment, e.g., thenardite (Na2SO4). Acidic sample dissolution may

lead to artifacts caused by oxygen isotope exchange between sulfate and water at low pH (<1)

(Rennie and Turchyn, 2014) and may also dissolve unwanted detritus. Impurities, particularly

from 17O-anomalous nitrate, must be separated (Bao, 2006). In aerosol studies, this is done by

ion chromatography of water extracts (Kunasek et al., 2010; Alexander et al., 2012; Walters

et al., 2019), but this is a time-consuming process. The total variability in ∆17OSO4 observed

in the Atacama Desert environment is in the order of 1‰ (Bao, 2006; Ewing et al., 2008; Sun

et al., 2018; Klipsch et al., 2021b). As such, the analytical method must be suitable for rapid

and automated analyses at sufficient precision; i.e., of the order of 0.1‰. The present study

describes an accurate and comparatively easy to use method for large sample sets with sufficient

precision to resolve spatial and temporal gradients in desert environments. Consistent accuracy

and precision between mass spectrometry sessions are maintained by applying standardized

correction procedures as well as simple peak-shape screening and statistical rejection criteria to

identify bad measurements.

For the measurement of ∆17OSO4 values, two methods are in use: (1) laser fluorination (Bao

and Thiemens, 2000) and (2) pyrolysis (Savarino et al., 2001). Laser fluorination generates O2

from >10 µmol of natural sulfate converted to BaSO4 with a precision in ∆17O of 0.02− 0.05‰

(Bao and Thiemens, 2000; Cowie and Johnston, 2016; Waldeck et al., 2019). For smaller sample

sizes, e.g., aerosol sulfate from ice cores, the pyrolysis method is used (Alexander et al., 2002;

Kunasek et al., 2010; Hill-Falkenthal et al., 2013; Walters et al., 2019). Here, O2 is generated

by pyrolysis of natural samples converted to Ag2SO4. After ion chromatographic purification,

typical precisions in ∆17OSO4 for samples between 0.2 and 10 µmol are 0.1− 0.3‰ (Savarino
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et al., 2001; Schauer et al., 2012; Geng et al., 2013). Improved precision was reported on using

gold sample capsules rather than quartz glass vials, where isotopic exchange may occur between

the sample and quartz O2 (Schauer et al., 2012). However, quartz cups have the advantage of

being reusable, whereas folded gold capsules are for single-use only.

In addition, there are accuracy requirements to be met when comparing soil samples measured

after laser fluorination and pyrolysis. During both methods, fluorination and pyrolysis, a stable

oxygen isotope fractionation of variable magnitude occurs – between SOxFx and O2, and

between SOx and O2, respectively. Due to this fractionation, the absolute δxOO2 values derived

from fluorination or pyrolysis measurements are not representative of the true δxOSO4 values.

Thus, both methods require pairing with independent δ18O measurements and referencing

with standard sulfate material. The correction factor for δ18O values from fluorination and

pyrolysis measurements varies between +9‰ and +23‰ (Bao and Thiemens, 2000; Cowie

and Johnston, 2016) and between −6.6‰ and +3.9‰ (see supplementary data Klipsch et al.,

2021a), respectively. However, ∆17O measurements are still possible, because this fractionation

follows a mass-dependent relationship and fractionation effects on ∆17O are negligible (Geng

et al., 2013).

Internal method precision is generally better than reproducibility between methods and

between laboratories. We compare ∆17O values measured at the University of Cologne (UoC;

this study) with previously measured data from University of Washington (UW) (Schauer

et al., 2012; Geng et al., 2013), University of California San Diego (UCSD) (Ewing et al., 2008;

Schauer et al., 2012), and Harvard University (HU) (Cowie and Johnston, 2016). The methods

used are fluorination (F) and pyrolysis (P), which is further divided into pyrolysis with quartz

cups or with gold capsules. In a first step we test for consistency between laboratories using the

pyrolysis method. Subsequently, the pyrolysis data is compared with data from the fluorination

method to test for consistency between the two methods.

In this study, we present a fast and easy to use protocol for the quantitative dissolution of

natural Ca-sulfate samples and conversion into sufficiently pure Ag-sulfate for accurate and

precise pyrolysis analyses. To facilitates high sample throughput, the method described by

Schauer et al. (2012) was simplified by omitting the ion chromatography or other ion exchange

methods (Le Gendre et al., 2017) and only addressing possible contaminations by the major
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soil salt anions Cl– and NO –
3 . The accuracy of this approach was tested by analyzing various

in-house standards from other laboratories. We also reanalyzed an Atacama Desert soil pit

previously analyzed by the fluorination method at UCSD (Ewing et al., 2008). The respective

results are identical within error and attest to the accuracy of our method for natural samples

from desert environments with high Cl– and NO –
3 contents.

Terminology

The oxygen isotope composition of a material is commonly reported relative to an internationally

accepted standard in δ notation, which is given by:

δ∗O =
∗Rsmp
∗Rstd

− 1, (2.1)

where R is the mole ratio of the rare over the abundant isotope (17O/16O or 18O/16O) in the

sample (Rsmp) and standard material (Rstd), and x denotes the mass of the respective rare

isotope (17 or 18).

In general, differences in the oxygen isotope ratio of matter evolve due to mass-dependent

processes resulting in a correlation between δ17O and δ18O (Bao et al., 2016; Thiemens, 2013):

δ17O ≈ λ · δ18O. (2.2)

Deviations from this correlation are illustrated by the ∆17O definition:

∆17O = δ17O− λ · δ18O. (2.3)

In this study, the traditional definition of ∆17O is used with λ = 0.52, which is a reasonable

average value for terrestrial materials (Matsuhisa et al., 1978) and is commonly used when

dealing with large mass-independent fractionation effects (> 0.1‰) (Savarino et al., 2001;

Alexander et al., 2002; Kunasek et al., 2010; Schauer et al., 2012; Geng et al., 2013; Walters

et al., 2019). Other definitions of ∆17O result in slightly different numerical values, but these

are not resolvable with the precision obtained in this study. These definitions are mainly used
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in studies aiming to resolve small, purely mass-dependent variations in ∆17O (Herwartz, 2021;

Surma et al., 2021; Voigt et al., 2021).

2.1.2. Experimental

Sample Dissolution and Conversion into Silver Sulfate

The entire analytical procedure comprises quantitative leaching of sulfate from soil or geologic

samples, conversion into Ag-sulfate, removal of residual mayor anions – particularly chloride

and nitrate, drying, and pyrolysis continuous flow mass spectrometry of sample O2 gas. The

Atacama Desert soil samples are dominated by gypsum and anhydrite with minor amounts of

halite (NaCl), nitratine (NaNO3), and thenardite (Na2SO4) (Voigt et al., 2020). This method

does not consider contaminations with organic matter (e.g., Xie et al., 2016), because the total

organic carbon content of Atacama Desert soils is generally low (<0.2 wt% Mörchen et al.,

2019).

To dissolve natural Na- and Ca-sulfate at neutral pH, 7.5 mL H2O was mixed with a 1 mL

slurry of cation resin in Na+ form (AG 50W X8, 200–400 mesh, Bio-Rad, Hercules, CA, USA)

and 100 mg Ca-sulfate overnight (Frenkel et al., 1986). This amount equals 100 to 250 mg of

natural Atacama sample material, dependent on the sulfate concentration. Due to a higher

absorption coefficient, Ca2+ exchanges with Na+ on the resin, leaving only Na+, SO 2–
4 , and all

other anions in solution (Frenkel et al., 1986). The mixture was centrifuged, and the supernatant

pipetted off. Subsequently, Na+ was exchanged with Ag+ using the cation resin in Ag+ form

(following Schauer et al., 2012). One mL of resin in a column may be transferred into Ag+

form using 42 mL of 25 mM Ag2SO4 solution, followed by 20 mL H2O to rinse out all SO 2–
4 .

To further minimize the risk of SO 2–
4 contamination, a Ag2NO3 solution may be used as an

alternative. We verified the absence of SO 2–
4 from the conditioning by analyzing eluted water

from the final water rinse step by inductively coupled plasma optical emission spectrometry

(SPECTRO ARCOS ICP-OES; SPECTRO Analytical Instruments GmbH, Kleve, Germany).

A similar procedure would have to be performed for NO –
3 . Columns were then loaded in three

repeating steps, each with 1 mL of 0.1 M Na2SO4 sample solution, followed by 2 mL H2O, to

prevent clogging of the column tip by Ag2SO4 precipitation. A final rinse of 5 mL H2O was

applied to completely flush out the sulfate sample. Contaminations with Cl– were removed from
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the sample as it precipitated on the resin as AgCl. ICP-OES measurements were conducted on

the final Ag-sulfate from eight natural samples to verify the purity (see supplementary data

Klipsch et al., 2021a). Working with higher sample Na2SO4 concentrations leads to incomplete

cation exchange and consequently to surplus sodium in the final Ag2SO4 sample, which result

in several minutes long peaks with low amplitudes during mass spectrometry. The whole elute

solution, in total 14 mL, was collected as an Ag2SO4 sample solution. Each sample exchanged

about 30% of Ag+ on the resin. The resin was regenerated after each sample to prevent

cross-contamination. The Ag2SO4 samples were dried in a vacuum centrifuge (Concentrator

plus, Eppendorf, Hamburg, Germany) at 30 ℃ over night. Finally, the solid Ag2SO4 precipitate

was leached three times with 50 µL H2O to remove any AgNO3. The leaching was conducted by

mixing 50 µL H2O with the Ag-sulfate crystals. After all the crystals had settled, the solution

was pipetted off. One leaching step with 50 µL H2O removes up to 0.65 mmol AgNO3 (=

111 mg; solubility: 2220 g L-1 at 20 ℃ (Willmes, 1993)) and a maximum of 1.3 µmol Ag2SO4

(= 0.41 mg; solubility: 8.3 g L-1 at 25 ℃ (Seidell and Linke, 1919)). This step is critical for

natural samples that may also contain nitrate salts with a distinct ∆17O signature up to 30‰

(Michalski et al., 2004; Bao, 2006). The described protocol forms 200− 300 µmol Ag2SO4. A

fraction of the dry Ag2SO4 (about 30 µmol) was then weighed into quartz cups or gold capsules

using a high-precision balance (resolution: 1 µg; Sartorius MC21S, Sartorius AG, Göttingen,

Germany) for subsequent pyrolysis and isotope ratio measurements.

Standard Materials

In absence of certified ∆17O reference Na- or Ca-sulfate material, we compared a number of in-

house standards from different laboratories. Three non-zero ∆17OSO4 in-house sulfate standards

(UoC-α, UoC-β, and UoC-ε) were produced by equilibrating 12.5 g sodium sulfite (Na2SO3,

Sigma-Aldrich, St. Louis, MO, USA) with 100 mL water (following Schauer et al., 2012).

The water was enriched in 17O by first diluting 70% 17O water (purchased from Cambridge

Isotope Laboratories, Andover, MA, USA) by 1:50000. Secondly, 3.6 mL, 7.5 mL, and 25 mL

of this diluted 17O enriched water were mixed with the corresponding amount of 18 MΩ water

to get 100 mL, respectively. After equilibrating Na2SO3 with the 17O enriched water for 24

h, a volume of 10 mL 30% H2O2 was added to each solution to oxidize Na2SO3 to sodium
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sulfate (Na2SO4). Subsequently, the Na2SO4 solutions were dried down in an oven at 60 ℃ for

about 10 days. In addition, pure Ag-sulfate (≥ 98.5%, VWR, Radnor, PA, USA) is used as a

zero-∆17OSO4 in-house standard, labeled UoC-zero.

Three laboratory internal Na2SO4 standards (Sulf-α, Sulf-β, and Sulf-ε) were provided by

B. Alexander from the University of Washington (UW), where they were previously analyzed

by pyrolysis with quartz and gold sample containers (Schauer et al., 2012; Geng et al., 2013).

These samples were also analyzed at the University of California San Diego (UCSD) by pyrolysis

with quartz sample cups (Schauer et al., 2012) along with a lab internal Ag2SO4 standard

(MT) provided to us by M. Thiemens. In addition, an internal standard JMG (CaSO4· xH2O)

was supplied by D. Johnston from Harvard University (HU) (Cowie and Johnston, 2016). All

the ∆17O results obtained for Sulf-α, Sulf-β, Sulf-ε, MT, and JMG are listed in Table 2.2 and

Table 2.3.

To report the reference gas and data in general relative to VSMOW (Vienna Standard Mean

Ocean Water), each laboratory uses its own normalization procedure. By calibrating their

method to known silicate standards, Cowie and Johnston (2016) are able to report high-precision

fluorination triple oxygen data relative to VSMOW. Schauer et al. (2012) normalized the quartz

pyrolysis raw data to raw gold capsules data which are assumed to be free from exchange with

quartz and, therefore, presumed to be on the VSMOW scale (∆17OVSMOW(P)). For practical

reasons, in this study, the pyrolysis raw data are first normalized to this ∆17OVSMOW(P) scale

defined by gold capsules data from Schauer et al. (2012) (see subsection 2.1.3). To reveal

whether the raw data from gold capsules pyrolysis analyses are indeed free of detectable exchange

with quartz and, therefore, suitable for normalizing to VSMOW, the data are compared with

VSMOW-scaled fluorination data (∆17OVSMOW(F)) from UCSD and HU. The details of these

protocols are not described but significant systematic errors should show up in the comparison

of the ∆17OVSMOW(P) and ∆17OVSMOW(F) scales unless all normalizing procedures result in

an identical offset from the true VSMOW scale.

Pyrolysis and Measurement

The pyrolysis was conducted as described in Schauer et al. (2012) with minor modifications.

The Ag2SO4 pyrolysis system at the UoC outlined in Figure 2.1 mainly consists of (1) a reactor
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Figure 2.1.: Flow path diagram of the UoC silver sulfate pyrolysis system which consists of an
autosampler, a pyrolysis reactor, a cold trap, a gas chromatograph (1.5 m column
packed with 5 Å molecular sieve), a ConFlo interface and an isotope ratio mass
spectrometer. To flush the gas chromatograph and the cold trap the He flow is
redirected by turning the valves (V1 and V2).

furnace, (2) a condensation trap, (3) a 1.5 m gas chromatography (GC) column, (4) an open

split interface, and (5) an isotope ratio mass spectrometer (MAT 253, Thermo Fisher Scientific,

Waltham, MA, USA).

About 30 µmol of the Ag2SO4 sample was loaded into a sample container made of (1)

custom-made quartz cups (5 or 9 mm tall, 5 mm outer diameter, 1 mm wall thickness, Ullrich

Laborbedarf, Bonn, Germany) or (2) custom-made gold capsules (12 mm tall, 5 mm outer

diameter, ESG Edelmetall-Service, Rheinstetten, Germany). The sample containers were loaded

into a He-purged autosampler (zero blank Vector SAS, 80 positions, EuroVector, Pavia, Italy)

and successively dropped into the pyrolysis reactor. With this particular autosampler design,

a sample vial first drops from the 80-position wheel into a cavity within a moving cylinder,

which subsequently pushes the sample over the hot reactor tube. The reactor tube is an empty

custom-made quartz glass tube with a diameter restriction to catch the sample containers

within the hot zone of the furnace (Schauer et al., 2012). This quartz tube rests vertically in

an EA furnace (Euro EA 3000, EuroVector, Pavia, Italy), which was heated to 1050 ℃. The
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Figure 2.2.: The m/z 32 measurement sequences shown here are representative for measurement
with quartz cups (black solid line) and gold capsules (gray solid line). Irregular
peak shapes (black dashed-dotted line) were observed in 6.5% of the measurements.
In addition, a sequence of Ag2SO4 samples contaminated with sodium is shown
(dashed line). All peaks are normalized to the same sample introduction time.

pyrolysis of Ag2SO4 in the reactor tube can be described by the following equation (Savarino

et al., 2001):

Ag2SO4 (s)
1050 ℃−−−−→ O2 (g) + SO2 (g) + 2Ag (s) + SO3 (trace) (2.4)

All gaseous reaction products are transported by He with a flow rate of about 120 mL min-1

through a cold trap held at −196 ℃ with liquid N2 to remove SO2 and SO3. Afterwards, trace

amounts of N2, CO, or other gases were separated from the O2 sample gas with a 1.5 m GC

column packed with 5 Å molecular sieve at room temperature. Subsequently, the sample O2 gas

is introduced into the mass spectrometer via an open split interface (ConFlo IV, Thermo Fisher

Scientific, Waltham, MA, USA). Isotope ratios of sample O2 are determined by comparison

with reference O2 gas and by measuring m/z 32, 33, and 34 of respective reference and sample

O2 peaks. Typical measuring sequences are shown in Figure 2.2.

The peak areas of the sample gas were compared with the peak areas of the working reference

O2 gas that was introduced through the ConFlo IV interface twice prior to the sample peak.

The raw δxO values were calculated relative to the second reference peak. A blank correction,
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as described by Geng et al. (2013), was not required since our sample sizes were more than an

order of magnitude larger.

Irregular peak shapes and tailing, as already described by Schauer et al. (2012), were observed

in 6.5% of the measurements, resulting in poor precision and accuracy. There are two principal

sources for imperfect peaks. Chemical impurities, such as Na contamination, can alter peak

shapes, as shown in Figure 2.2. However, irregular peak shapes are also observed for pure

Ag2SO4 samples. In our setup, the open-top quartz cup falls into the reactor tube in an

uncontrolled manner. We suspect that irregular peak shapes are probably caused by delayed

pyrolysis of sample material scattered from the sample cup when dropping into the reactor.

Irregular peak shapes were not observed during gold capsules measurements, probably because

gold capsules fully enclose the sample material. Even when excluding Na-contaminated samples,

results from irregular peak shapes deviate considerably in ∆17OVSMOW(P) of 0.24 ± 0.28‰

from the mean value of regular peak-shaped measurements of the respective sample. Therefore,

these analyses were excluded from the results.

Over the course of this study, two additional sources for erratic errors have been encountered.

First, the sample introduction mechanism of the autosampler involves a step where the sample

vial falls into a cavity within a moving cylinder. When open-top quartz cups are used,

small quantities of Ag2SO4 may be spilled into the cavity which leads to possible cross-

contamination. Over the long term the spilled Ag2SO4 powder abrades the rubber seals of

the moving cylinder, resulting in leakage, and an irregular He flow. Thorough cleaning of the

autosampler after each analytical session as well as the use of taller quartz cups (9 mm instead

of 5 mm) significantly reduced but did not fully remove this problem. An alternative zero

blank autosampler design is required to completely prevent this and would probably result in a

significant better reproducibility. Secondly, minor amounts of SO2 may leak through the liquid

N2 trap into the gas chromatograph and eventually through the gas chromatograph into the

mass spectrometer causing interferences on m/z 33, due to doubly charged SO2 molecules with

mass 66, e.g., 32S16O18O, 33S16O17O, or 34S16O16O. Therefore, the gas chromatograph was

heated to 130 ℃ and the He flow was redirected by turning the valves V1 and V2 (Figure 2.1)

overnight between each analytical session.
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An analytical session comprises a maximum of 21 samples including three calibration sets,

which consists of two to three external or in-house standards, in the beginning, the middle,

and the end of one session. We determined that sample vials move out of the hot zone of the

furnace after 25 samples have been introduced, indicated by later occurring, and smeared-out

sample peaks with lower amplitudes.

2.1.3. Results and Discussion

Normalizing Procedure and Data Treatment

As is common practice, we normalize our ∆17Oraw values to the ∆17OVSMOW(P) scale by scaling

and shifting the data of each analytical session to sulfate standards – external or in-house –

with known ∆17OVSMOW(P) values according to the following equation (Meier-Augenstein and

Schimmelmann, 2019):

∆17OVSMOW(P) = s ·∆17Oraw + b, (2.5)

where the scaling factor (slope) s = (RM2accepted−RM1accepted)/(RM2measured−RM1measured)

and the shifting value (intercept) b = RM1accepted − (s · RM1measured) = RM2accepted − (s ·
RM2measured). To calibrate our in-house standards, the external standards Sulf-α (∆17OVSMOW(P) =

0.9‰; Schauer et al., 2012) and Sulf-ε (∆17OVSMOW(P) = 7.0‰; Schauer et al., 2012) are

used as reference material RM1accepted and RM2accepted, respectively. Subsequently, our

in-house sulfate standards, as listed in Table 2.1, were used as internal reference material.

Because most natural samples had rather low ∆17O values, the in-house standards UoC-zero

(∆17OVSMOW(P) = −0.06‰) and UoC-β (∆17OVSMOW(P) = 1.90‰) were generally used for

normalizing purposes. The external reproducibility and accuracy were monitored by repeated

measurements of standards as unknowns.

The average correction for our quartz data to our gold data (Equation 2.6) from this study is

comparable with a correction previously published by Schauer et al. (2012) (Equation 2.7):

∆17Ogold = 1.17 ·∆17Oquartz − 0.07, (2.6)
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∆17Ogold = 1.14 ·∆17Oquartz + 0.06, (2.7)

However, the scaling factors and shifting values varied significantly between individual analytical

sessions (Figure 2.3). Hence, a universal equation to correct all quartz data is not ideal and

data should be normalized separately for each individual session.

The scaling factors >1 show that the raw values are contracted relative to the ∆17OVSMOW(P)

scale. The contraction is generally interpreted to reflect oxygen isotope exchange between quartz

cups and the evolved sample O2 (Schauer et al., 2012). One aspect that probably influences

the scaling factor is degradation of the reactor tube. Generally, we observed increasing scaling

factors with the number of analytical sessions performed with the same reactor tube. A possible

explanation was offered by Schauer et al. (2012). The use of quartz cups during the pyrolysis

of Ag2SO4 may cause etching on the side-walls of the reactor tube, which could increase the

isotopic exchange rate of sample oxygen with the reactor walls. In addition, elementary silver –

a reduction product of the pyrolysis – on the walls of the reactor tube may interact with sample

O2. Finally, sample material could scatter from the open quartz cups and coat the reactor

wall, thereby introducing memory. Measurements conducted with gold capsules, which more

fully enclose the sample material, are less prone to high scaling factors. The possible oxygen

isotope exchange with the reactor tube becomes increasingly significant with decreasing sample

size (Geng et al., 2013). Nevertheless, we demonstrate that analyses of about 30 µmol sample

Table 2.1.: List of ∆17Oraw and respective ∆17OVSMOW(P) values of our in-house standards UoC-
zero, UoC-α, UoC-β, and UoC-ε measured with quartz cups. The ∆17OVSMOW(P)
values were calculated after Equation 2.5 with Sulf-α ∆17OVSMOW(P) = 0.9‰
(Schauer et al., 2012) and Sulf-ε ∆17OVSMOW(P) = 7.0‰ (Schauer et al., 2012) as
reference material RM1measured and RM2measured, respectively. Errors depict 1σ
standard deviation.

∆17Oraw ∆17OVSMOW(P)
(‰) (‰) n

UoC-zero 0.06± 0.13 −0.06± 0.15 31
UoC-α 0.82± 0.12 0.77± 0.12 13
UoC-β 1.81± 0.08 1.90± 0.09 20
UoC-ε 5.22± 0.20 5.69± 0.26 10
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Figure 2.3.: Scaling factors (diamonds) and shifting values (dots) vary significantly between
each analytical session. Reactor tube exchanges are indicated by dashed lines. The
correction parameters for session 38 are so high because the session was conducted
with a heavily used reactor tube with etched walls and silver probably interacting
with the sample O2. In addition, the calibration standards of session 38 show a
large 1σ in ∆17Oraw (Figure 2.4) indicating a low reliability of the correction of
this session.

material performed with quartz cups may reach a similar internal precision to measurements

conducted with gold capsules (Figure 2.4).

High scaling factors are an indicator for large systematic errors. However, as long as the

1σ standard deviations in ∆17Oraw of the calibration standards remain small, the analytical

session is stable enough for correction by the normalizing procedure described above. Session

stability can be evaluated by the Z-score of its scaling factor and its 1σ in ∆17Oraw of the

calibration standards. A Z-score is defined by the deviation of a certain value (= xi) from the

mean (= xm) divided by the standard deviation (= σ) (= (xi − xm)/σ) (Kreyszig, 2006).

Z-scores based on a total of 45 analytical sessions conducted with quartz cups were used. As

shown in Figure 2.4, sessions conducted with quartz cups are comparable with results from a

session comprising only gold capsule measurements.

External reproducibility was significantly improved by rejecting data based on three criteria.

First, all measurements with an irregular peak shape were excluded (7% of all data) improving

the reproducibility from 0.20‰ to 0.17‰. Second, data from one sample that differed more

than 0.52‰ (3σ reproducibility) in ∆17OVSMOW(P) from the daily mean was discarded as
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Figure 2.4.: The scaling factors and 1σ in ∆17Oraw of calibration standards of analytical sessions
from this study are shown by large colored symbols. Measurements conducted with
quartz cups (diamonds) may reach similar low scaling factors and 1σ in ∆17Oraw
of calibration standards to those of measurements conducted with gold capsules
(yellow triangle). Data can be rejected based on the Z-score of the scaling factor
and the 1σ in ∆17Oraw of calibration standards. Z-scores were calculated based
on 45 analytical sessions conducted with quartz cups (small gray and large orange
diamonds). In this study, analytical sessions showing scaling factors or 1σ in
∆17Oraw of calibration standards with Z-scores >3 were rejected.

34



2.1. Optimizing Sulfate Pyrolysis Triple Oxygen Isotope Analysis

outlier (for n ≥ 3; 0.5% of all data). Third, data with anomalously high scaling factors and

large 1σ in the ∆17Oraw values of the calibration standards were rejected based on their Z-scores

(Figure 2.4). In this study, analytical sessions showing scaling factors or 1σ in ∆17Oraw of

calibration standards with Z-scores >3 were rejected (Figure 4; 9% of all data). The weighted

mean of all 1σ standard deviations of samples measured in multiple analytical sessions is used as

1σ SD external reproducibility = 0.12‰. Using different rejection criteria does not significantly

change the precision. When using a Z-score of 2 or 1, the 1σ SD external reproducibility

becomes 0.10‰ and 0.09‰, respectively, but as much as 27% and 39% of the data set is then

excluded. The accuracy estimated by the root mean square error of our data from Sulf-α,

Sulf-β, Sulf-ε, MT, and JMG compared with the published ∆17O values (listed in Table 2.2

and Table 2.3) was also improved from 0.26‰ to 0.12‰ by applying the described rejection

criteria.

Sample Size
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Figure 2.5.: ∆17Oraw values increase with decreasing
sample size. ∆17Oraw values of different
quantities of the in-house standard UoC-
zero, shown here, were measured within
one analytical session. For material with
∆17O 6= 0, the shown sample size effect
might look different.

Tests of variable sample sizes within

one analytical session revealed substan-

tial increases in ∆17Oraw values with

decreasing sample size (Figure 2.5). To

minimize uncertainties, the sample size

was held constant to about 30 µmol of

Ag2SO4 with variations of 4.7 ± 3.7%

within each analytical session. The re-

sults were normalized to internal stan-

dards individually for each analytical

session. The normalizing procedure of

scaling and shifting described above of-

fers a reproducible way to account for

systematic errors associated to differing

sample size or variable blanks and back-

grounds between analytical sessions.
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Figure 2.6.: ∆17OVSMOW(P) values of Sulf-α, Sulf-β, Sulf-ε, and MT were measured at UCSD
(personal communication; Schauer et al., 2012), UW (Schauer et al., 2012; Geng
et al., 2013), and UoC with quartz cups (orange symbols) and gold capsules (yellow
symbols). All ∆17OVSMOW(P) values are identical within analytical uncertainty for
both quartz cups and gold capsule measurements. All error bars show 1σ standard
deviation. Mean values of the results from all laboratories are shown by dark
lines; shaded areas indicate 1σ standard deviation of the respective sample and
vial material (gold or quartz).

Inter Laboratory Comparison of the Pyrolysis Method

The first step in our inter-laboratory comparison was to test for consistency between laboratories

using the pyrolysis method by normalizing all pyrolysis data to the same scale defined by

gold pyrolysis analyses of Schauer et al. (2012) (∆17OVSMOW(P) scale). All ∆17Oraw and

∆17OVSMOW(P) values of Sulf-α, Sulf-β, Sulf-ε, and MT measured at UW (Schauer et al., 2012;

Geng et al., 2013), UCSD (personal communication; Schauer et al., 2012), and UoC are listed

in Table 2.2 and plotted in Figure 2.6.

Variations in ∆17Oraw between laboratories become distinct at high ∆17O for measure-

ments conducted with both quartz cups and gold capsules (Table 2.2). However, the nor-

malized ∆17OVSMOW(P) values of Sulf-α, Sulf-β, Sulf-ε, and MT are identical within ana-

lytical uncertainty between laboratories and sample containers used (quartz cups and gold

capsules; Figure 2.6). The normalizing procedure used in this study corrects for systematic
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2. Methods

errors resulting in a considerably higher external reproducibility for analyses with both quartz

cups and gold capsules, especially when applied on a day-to-day basis. We recommend scaling

and shifting the data of each analytical session to standards with known ∆17OVSMOW(P) values

using Equation 2.5.

Inter laboratory comparison between pyrolysis and fluorination methods

To compare the ∆17O pyrolysis results with the fluorination method, we analyzed the internal

standard JMG from HU (Cowie and Johnston, 2016) and natural samples from a soil pit

(24°06.794′ S, 70°00.396′ W, Yungay, Atacama Desert, Chile) previously analyzed by laser

fluorination at UCSD and published by Ewing et al. (2008) (Table 2.3; Figure 2.7). The two

natural sample sets were taken from the same locality but different depths (Figure 2.7) and

analyzed by two different methods in two different laboratories. All the pyrolysis results and

previously published fluorination data are listed in Table 2.3 and shown in Figure 2.7.

The pyrolysis results from this study are in good agreement with previously published

fluorination data. The average variation is −0.02 ± 0.08‰ between ∆17OVSMOW(P) and

∆17OVSMOW(F), well within analytical uncertainty. Although some inter-sample variability

may be expected between the two Atacama Desert soil pit sample sets due to possible intra-soil

heterogeneity in ∆17O and alteration over time, the maximum difference between two samples

from the same depth is 0.14‰ (at 95 ±1 cm). Our pyrolysis data confirm positive and constant

∆17O values throughout the soil profile of ∆17OVSMOW(F) = 0.52± 0.06‰ (Ewing et al., 2008)

and ∆17OVSMOW(P) = 0.51± 0.06‰ (Figure 2.7). Three of the natural samples were initially

measured with a smaller sample size than the respective calibration standards and corrected

using the curve shown in Figure 2.5 (see supporting information of Klipsch et al., 2021a). The

sample-size-corrected ∆17O values are still in good agreement with respective ∆17OVSMOW(P)

values (Figure 2.5). However, as samples with ∆17O 6= 0‰ may follow a somewhat different

curve from the one shown in Figure 2.5, such a sample-size correction is not recommended and

should best be avoided by maintaining constant sample sizes within an analytical session.
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Figure 2.7.: Mean ∆17OVSMOW(P) values of JMG are in good agreement with previously
published ∆17OVSMOW(F) values from HU (dark pentagon) (upper panel). ∆17O
values of the Atacama Desert soil profile (lower panel) are uniform with average
∆17OVSMOW(F) = 0.52 ± 0.06‰ (Ewing et al., 2008) and ∆17OVSMOW(P) =
0.51 ± 0.06‰, respectively. Shown are published fluorination data measured at
UCSD (diamonds) and pyrolysis data measured at UoC (orange dots; this study).
All data are identical within analytical uncertainty. All errors show 1σ external
reproducibility. Three samples were additionally measured with a smaller sample
size and subsequently corrected based on data shown in Figure 2.5 (crossed dots).
Error bars for respective samples are not shown.
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2.1.4. Conclusions

In this study, we developed an improved neutral pH sample dissolution procedure to convert

Na- and Ca-sulfate from soil and geologic samples into pure Ag2SO4. For accurate and precise

pyrolytic analysis careful attention to detail is required. The described dissolution method was

used to quantitatively leach sulfate from natural samples in relatively small amounts of water.

This approach avoids acidic sample dissolution, which may lead to analytical artifacts due to

oxygen isotope exchange between sulfate and water (Rennie and Turchyn, 2014). To increase

the sample throughput, the method from Schauer et al. (2012) was simplified by omitting the

ion chromatography and only pay attention to the major contaminants Cl– and NO –
3 . During

the column chemistry, chloride precipitates on the resin as AgCl and is thus removed from the

sample. To take account for contaminations by nitrate, the Ag-sulfate is leached three times

with 50 µL water. The accuracy of this approach was verified by analyzing samples from an

Atacama Desert soil pit which had previously been analyzed with the fluorination method by

Ewing et al. (2008). Although variabilities between the two sample sets were expected due

to possible intra-soil heterogeneity in ∆17O and alteration over time, our pyrolysis results are

identical to the previously published fluorination data within analytical uncertainty. However,

for sample sets with significant amounts of ions other than Cl– and NO –
3 or organic material,

ion chromatography or a pretreatment to remove organic material may be additionally carried

out.

We obtain precise ∆17OVSMOW(P) results using the pyrolysis method with quartz cups by

normalizing the data to laboratory in-house standards from Schauer et al. (2012). In comparison

to quartz cups, gold capsule measurements show no irregular peak shapes probably because the

capsules fully enclose the sample material and the reactor is therefore less prone to etching,

and thus high scaling factors. However, quartz cups are less expensive and reusable with no

significant decrease in precision compared to gold capsule.

The slope and intercept normalization procedure of scaling and shifting results in excellent

reproducibility of standards from different laboratories including those using the fluorination

method, which verifies high accuracy overall. Hence, raw data from gold capsules pyrolysis

analyses are suitable for normalization and the resulting ∆17OVSMOW(P) scale is identical to

the ∆17OVSMOW(F) scale within error. The sample peak shape and the normalizing parameters
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have to be monitored to assure high data quality of each individual analysis and analytical

session. We recommend normalizing the data from each analytical session to standards with

known ∆17OVSMOW(P) or ∆17OVSMOW(F) values using Equation 2.5.

The obtained external reproducibility of 0.12‰ using quartz sample containers and a sample

size of about 30 µmol Ag2SO4 can be further improved by minimizing sample size variability or

by decreasing the threshold criteria for rejection. The scaling factor may be further suppressed

by using gold capsules – although this was not thoroughly tested in this study – or more

frequent exchange of the reactor tube. In addition, erratic errors caused by the autosampler

used in this study might be remedied by using a different autosampler design. These respective

improvements will probably suppress external reproducibility to the 0.0x‰ range.

2.2. Additional Isotope Measurements

Sulfur and Oxygen

For δ34SSO4 and δ18OSO4 measurements, the sample sulfate was dissolved as Na2SO4 as described

in section 2.1.2 (p. 25). Subsequently, the sulfate was precipitated as barite (BaSO4) by adding

2 mL 0.5 M BaCl2 solution to the Na2SO4 sample solution. In order to remove any nitrate

impurities that can induce artifacts on δ18OSO4 results due to its large δ18O (up to 61‰;

Reich and Bao, 2018), the dried BaSO4 samples were redissolved in a DTPA-KOH solution

and reprecipitated by adding HCl (Bao, 2006; Putnis et al., 2008). The pure and dried BaSO4

samples were analyzed for δ18OSO4 and δ34SSO4 at IOW (Leibniz Institute for Baltic Sea

Research, Warnemünde, Germany). For the calibration of δ18OSO4 the international standard

material IAEA-SO-5, IAEA-SO-6, and NBS127 were used. Sulfur isotope data were calibrated

against the international standard material IAEA-S-2, IAEA-S-3, and NBS127 after Mann et al.

(2009). The average 1σ external reproducibility of δ18OSO4 and δ34SSO4 is 0.23‰ and 0.1‰,

respectively.
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Strontium

For Sr isotope measurements, about 50 mg of sample were digested using the protocol of Obert

et al. (2022). First, gypsum was dissolved using 7 N HNO3 on a hotplate at 120 ℃. Then, the

supernatant was separated from the silicate residue, dried and further digested on a hotplate

at 120 ℃ in a 10:1 mixture of 7 N HNO3 and 10 N HCl. To destroy organic compounds,

300 mL of H2O2 were added. After drying, the samples were dissolved in 1.5 mL 2.5 N HCl

for standard ion exchange chromatography using AG 50W X8 resin. Strontium isotope ratios

were measured using the Neptune MC-ICPMS at Cologne. For these analyses, measured
87Sr/86Sr ratios were normalized to an 86Sr/88Sr ratio of 0.1194 using the exponential law.

Multiple measurements of the NBS 987 standard yielded a value of 0.710143 with a 2σ error of

±25 ppm. All 87Sr/86Sr data are given relative to a value of 0.710240 for the NBS 987 standard.

The typical external reproducibility for samples is ±100 ppm. The procedural blank was

800 pg and is negligible, given the amount of Sr in the samples.

2.3. Marine Sulfate Contribution

The relative proportion of marine sulfate on the total sulfate of a sample was determined

indirectly using a simple two source mixing model and the distinct δ34S value of marine sulfate

(δ34Sm = 21.15±0.15‰) and the an estimated δ34Snm value of 2.85±0.07‰ for the non-marine

sulfur source (volcanic or anthropogenic) following Rech et al. (2003):

δ34S derived marine sulfate contribution = δ34Smeas − δ34Snm
δ34Sm − δ34Snms

, (2.8)

where δ34Smeas is the measured δ34SSO4 of the sample. For samples with δ34Smeas < 2.85‰,

δ34S derived marine sulfate contribution is defined as 0.0. Rech et al. (2003) combined results

from steam, lake, and salar salts giving an average δ34Snm value of 5.4± 2‰. Sulfate cycling in

those water bodies may lead to sulfur fractionation affecting the δ34Snm value. In the present

study, the average of the lowest δ34S value measured by (Rech et al., 2003) (2.8‰; Salar de

Atacama) and the lowest δ34SSO4 value observed in soil samples of the present study (2.9‰) is

used as non-marine sulfur isotope endmember (δ34Snm = 2.85± 0.07‰).
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To test the reliability of this approach, the strontium isotope ratio (87Sr/86Sr) was used

accordingly (Rech et al., 2003). The strontium isotope ratio in the modern ocean is 87Sr/86Srm =

0.7091 (Burke et al., 1982). For the non-marine strontium isotope endmember the average of

the lowest 87Sr/86Sr ratio measured by (Rech et al., 2003) (0.706682; unnamed salar in Llano

de la Paciencia) and the lowest 87Sr/86Sr ratio observed in the present study (0.706122) is used.

The result (87Sr/86Srnm = 0.7064 ± 0.0004) is well within the expected range for mantle or

juvenile igneous rocks with 87Sr/86Sr = 0.7050 to 0.7075 (Rech et al., 2003). The Sr derived

marine sulfate contribution was determined following:

Sr derived marine sulfate contribution =
87Sr/86Srmeas − 87Sr/86Srnm

87Sr/86Srm − 87Sr/86Srnm
. (2.9)

For samples with 87Sr/86Srnm < 0.7064, the Sr marine sulfate contribution is defined as 0.0.

This is just a simple approach to test for consistency between δ34S values and 87Sr/86Sr ratios.

However, the isotopic composition of the non-marine isotope endmember is more variable than

presumed for Equation 2.9 (Gamboa et al., 2019; Godfrey et al., 2019).
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3.
Application

3.1. Identifying Sulfate Sources and Water Availability in the

Atacama Desert using Triple Oxygen and Sulfur Isotopes

3.1.1. Introduction

In the hyperarid Atacama Desert, sulfate is the dominating salt in soil deposits (e.g., Voigt et al.,

2020). Sources include sea spray, terrestrial weathering (e.g. redeposition of playa sediments),

and secondary atmospheric sulfate (SAS) (Bao et al., 2001a, 2004; Michalski et al., 2004). The

contribution of each source to the total soil sulfate depository varies spatially depending on

elevation, distance from sources, and local climate conditions like water availability or prevailing

wind direction (Rech et al., 2003; Voigt et al., 2020). Because Atacama Desert sediments are

dominated by sulfate, the identification and quantification of local sulfate sources is crucial to

understand salt deposition in this unique desert environment. The combination of different

isotope tools (∆17OSO4 , δ
18OSO4 , δ

34SSO4 , and
87Sr/86Sr) can help to identify and quantify the

different source contributions.

The triple oxygen isotope compositions of sulfate (δ18OSO4 and ∆17OSO4) are characteristic

for each source, but especially useful to identify the atmospheric source contribution (Bao, 2015).

The ∆17OSO4 from sea spray, playa lakes, and terrestrial weathering is at or slightly below

zero, mostly reflecting reactions with water or molecular oxygen (Bao et al., 2004). Oxidation

of SO2 in the atmosphere generally results in positive ∆17OSO4 ultimately inherited from the

mass-independent ∆17OO3 in ozone (Savarino et al., 2000; Bao, 2015). The positive ∆17OSO4

is unique for atmospheric oxidation and can therefore serve as a tool to quantify the relative

contribution of SAS to the desert soil (Bao et al., 2004; Michalski et al., 2004).

After formation, sulfate is inert under abiotic Earth surface conditions (Bao, 2015). It only

exchanges oxygen when processed by microbes or plants (Böttcher et al., 2001; Koprivova and
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Kopriva, 2016). The sulfuroxy intermediates in the sulfate reduction pathway readily exchange

oxygen and thereby overprint the oxygen isotope composition of sulfate by the isotopic signal

of ambient water (Betts and Voss, 1970; Bao, 2015).

The sulfur isotope composition of sulfate (δ34SSO4) serves as a tool to quantify the contribution

of marine sulfate to Atacama Desert soils (Rech et al., 2003). Marine sulfate from the modern

Pacific Ocean shows a constant δ34S value of 21.15 ±0.15‰ (Johnston et al., 2014). Rech et al.

(2003) evaluated the marine sulfate contribution using this value for marine sulfate and an

estimated δ34S value of 5.4±2‰ for Andean weathering. This value was obtained by combining

and averaging results from Atacama stream, lake, and salar salts (Rech et al., 2003). Strontium

isotope ratios can additionally serve as a tool to estimate the calcium source of Atacama Desert

Ca-sulfates.

In this study, we combine ∆17OSO4 , δ
18OSO4 , and δ

34SSO4 analysis of sulfate from Atacama

Desert soils sampled along four W-E transects between 19.5°S and 25°S in order to quantify

the relative contribution and spatial distribution of different sulfate sources to the desert soil.

Subsequently, the potential of ∆17OSO4 to identify bioactivity and thus water availability is

evaluated.

3.1.2. Samples

The long-term hyperaridity of the Atacama Desert has led to a unique soil structure. A simple

generalized Atacama Desert soil profile based on studies of nitrate mining regions consists of five

different layers (Figure 3.2) (Ericksen, 1981). The upper 10 to 30 cm thick layer is called chuca,

which is often covered by a friable gypsiferous crust with maximum thickness of about 0.5 cm.

Chuca consists of powdery to poorly cemented gypsum and anhydrite with variable amounts of

silt, sand, and gravels. At the base of this layer, an up to a few cm thick white saline horizon

with highly soluble sulfate minerals such as thenardite (Na2SO4), bloedite (Na2Mg[SO4]2 · 4
H2O), and humberstonite (K3Na7Mg2[NO3|(SO4)3]2 · 6 H2O) occurs in some areas (Ericksen,

1981). Chuca gradually changes downward into costra – a 0.5 m to 2 m thick moderately to

firmly cemented gypsum and anhydrite layer – into caliche – an up to 5 m thick layer of firmly

cemented halite (NaCl) with up to 0.5 m thick lateral veins of nitratine (NaNO3). Underneath

the caliche follows either salt-cemented regolith containing little nitratine, called conjelo, or
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Figure 3.1.: Sample locations of surface samples (diamonds), subsurface samples (squares)
and salar samples (circles) from the Western Cordillera, the Precordillera and
alluvial fans expanding from there (yellow symbols), the Central Depression (orange
symbols), the low Coastal Cordillera (< 1200 m; purple symbols), and from the
high Coastal Cordillera (> 1200 m; dark blue symbols). Samples were taken along
four W-E transects at Pisagua (19.5°S; A), Salar Grande (21.0°S; B), Antofagasta
(24.0°S; C), and Paposo (25.0°S; D). Topographic profiles A-D indicated here are
shown in Figure 3.4. The maximum extension of fog (approximately equal to 1200
m) is indicated by the solid white line (Cereceda et al., 2008).
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loose unconsolidated regolith, named coba (Ericksen, 1981, 1983). Besides the widespread

occurrence of bare soils, playa deposits (salars) with salt-cemented crusts and halite nodules

cover large areas especially in the high Andes and the western part of the Central Depression,

but also in local basins with past or present groundwater near the surface (Finstad et al., 2016).

Active salars grow by evaporation and salt precipitation from capillary rising groundwater,

whereby the most soluble salts concentrate at the surface (Finstad et al., 2016). In contrast

to salars, the general soil profile from Ericksen shows a top down enrichment of soluble salts.

Infiltrating water leaches soluble salts, like thenardite (Na2SO4), chloride (e.g., NaCl), and

nitratine (NaNO3), from the surface deeper into the soil, where evaporative reprecipitation

leads in growth of separated horizons of these soluble salts (Ericksen, 1981, 1983; Chong, 1994;

Ewing et al., 2008; Finstad et al., 2014, 2016). The location of each horizon within the soil

profile depends on the amount and the solubility of the respective salt and the amount of

water. The least soluble salt (here thenardite) forms a horizon closest to the surface, while

more soluble salts (here chloride and nitrate) are washed deeper into the soil (Figure 3.2).

Soil samples were taken roughly along four W-E transects beginning at Pisagua (19.5°S),

Salar Grande (21.0°S), Antofagasta (24.0°S), and Paposo (25.0°S) (Figure 3.1). The sample

set includes 35 samples from the surface crust or chuca (surface samples) and 6 samples from

the uppermost costra between 10 and 40 cm soil depth (subsurface samples). These samples

have already been characterized for their chemical and mineralogical composition by Voigt

et al. (2020). In addition, we determined the isotopic composition of 6 subsurface thenardite

(Na2SO4) samples (Na2SO4 samples), five ‘salar samples’ including three Na-sulfate samples

from the Salar del Huasco and two gypsum (CaSO4 · 2 H2O) samples from the Salar de Llamará,

and sulfate from groundwater feeding the Salar de Llamará (GW sulfate).
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Figure 3.2.: A simple generalized Atacama Desert soil profile based on studies of nitrate mining
regions consists of five different layers (see text for details). Figure modified from
Ericksen (1983).
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3.1.3. Results

All ∆17OSO4 , δ
18OSO4 , and δ

34SSO4 results are illustrated in Figure 3.3. The isotopic composition

of sulfate varies with distance from the coast and elevation within the four W-E transects

(Figure 3.4). Results from surface and subsurface samples taken from the same location are

compared in Figure 3.5. Finally, the marine sulfate contribution calculated after Equation 2.8

and results from strontium isotope analysis are illustrated in Figure 3.6 and Figure 3.7. All

sample localities, sample classifications, ∆17OSO4 , δ
18OSO4 , δ

34SSO4 , and
87Sr/86Sr values are

provided in the appendix (Table A.1).

Triple Oxygen and Sulfur Isotopes

Within all soil samples, ∆17OSO4 ranges from 0.3‰ to 1.1‰ and generally correlates inversely

with δ18OSO4 , which varies between −4‰ and 15‰ (Figure 3.3). Salt samples from Salar de

Llamará and Salar del Huasco comprises the lowest ∆17OSO4 and highest δ18OSO4 values with

0.15± 0.05‰ and 15± 3‰, respectively. These samples define the low ∆17OSO4 endmember of

the soil trend. Sulfate extracted from groundwater feeding the Salar de Llamará yields 0.27‰

in ∆17OSO4 and 10.3‰ in δ18OSO4 . The highest ∆17OSO4 (>1‰) and lowest δ18OSO4 values

(<1‰) are observed in samples from the highest altitudes in the Coastal Cordillera (high CC)

– east of Paposo – well above the coastal fog zone (>1200 m). These surface and subsurface

samples define the high ∆17OSO4 low δ18OSO4 end of the observed trend. Sediment samples

from the lower Coastal Cordillera (low CC), the Central Depression (CD), from Pre-Andean

alluvial fans, the Precordillera, and the Western Cordillera (together termed ‘PC’) plot in

between these two endmembers of the trend. Na2SO4 samples generally show low δ18OSO4

values and plot slightly below the observed trend (Figure 3.3).

The δ34SSO4 values range from −0.9‰ to 19.1‰ and do not correlate with ∆17OSO4 (Fig-

ure 3.3) or δ18OSO4 (see appendix Figure A.1). Salar samples show δ34SSO4 values that range

between 6.5‰ and 9.3‰. Na2SO4 samples generally show low δ34SSO4 values with ≤ 5.2‰.

High δ34SSO4 values are observed in samples from the low Coastal Cordillera, which generally

show δ34SSO4 values >8.5‰ (Figure 3.3).
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Figure 3.3.: Enlarged section from Figure 1.5 with results of surface (diamonds) and subsurface
(squares) samples from the Coastal Cordillera >1200 m (high CC) and <1200 m (low
CC), the Central Depression (CD), and the Western Cordillera, Precordillera and its
alluvial fans (PC), along with results of Na2SO4 subsurface samples, groundwater,
and salar samples. A) ∆17OSO4 values versus δ18OSO4 . Error bars depict the
mean 1σ standard deviation which is 0.07‰, 0.23‰, respectively. The dashed line
displays a trend between ∆17OSO4 and δ18OSO4 of all analyzed surface samples
with the mean deviation from this line shown in gray (1σ SD = 0.11). B) ∆17OSO4
versus δ34SSO4 values. Error bars depict the mean 1σ standard deviation which is
0.07‰, 0.1‰, respectively.
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Transects

∆17OSO4 generally decreases with distance from the coast (Figure 3.4). In transect A, B, and

D, highest ∆17OSO4 values are observed within the Coastal Cordillera and absolute ∆17OSO4

values decrease towards north. Thus, overall highest ∆17OSO4 (>1‰) are found in samples

from transect D within the Coastal Cordillera. In transect A and B, ∆17OSO4 decreases by

about 0.2‰ within the first six samples of the respective transect. In transect A, ∆17OSO4

values remain constant, while those obtained in samples from transect B and D further decrease

with distance from the coast. In transect C, ∆17OSO4 values are relatively uniform within

150 km distance from the coast with 0.72±0.13‰. Samples from Precordillera and the Western

Cordillera generally show low ∆17OSO4 values.

The δ18OSO4 values generally increase with distance from the coast (Figure 3.4). The lowest

δ18OSO4 values are observed in transect D within the Coastal Cordillera. Highest δ18OSO4 are

measured in samples from alluvial fans east of the Precordillera (transect A, B, and C).

In contrast to δ18OSO4 , δ
34SSO4 generally decreases with distance from the coast and with

increasing elevation. This is especially observed in transect B and C, where δ34SSO4 values

decrease from 19.1‰ to 6.5‰ and from 19.0‰ to 4.3‰, respectively. In transect A and D,

δ34SSO4 is relatively constant with average values of 10.3± 1.3‰ and 5.1± 1.6‰, respectively.

Subsurface

∆17OSO4 values of surface and subsurface samples taken from the same locality are identical

within analytical uncertainty with an average deviation of −0.2± 0.8‰ (Figure 3.5). However,

sediment subsurface samples show lower δ18OSO4 and δ34SSO4 values compared to respective

surface samples, deviating by −3.6± 3.0‰ and −1.9± 0.9‰, respectively. Na2SO4 subsurface

samples show even larger deviations compared to the respective surface sample with −6.0±3.3‰

and −3.2± 1.1‰ in δ18OSO4 and δ34SSO4 , respectively (Figure 3.5). For the interpretation and

discussion of these results the reader is referred to section 3.1.4 (p. 67).
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Figure 3.5.: A) ∆17OSO4 versus δ18OSO4 values and B) ∆17OSO4 versus δ34SSO4 of surface and
subsurface samples. Dashed lines connect surface and respective subsurface samples
from the same locality. Errors bars show mean 1σ standard deviations, which are
0.07‰, 0.23‰, and 0.1‰ for ∆17OSO4 , δ

18OSO4 , and δ
34SSO4 , respectively.
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occurrence are shaded in blue.

Marine Sulfate Contribution

The marine sulfate contribution calculated after Equation 2.8 shows large variations from 0.0

to 0.89 (Figure 3.6). Sediment samples taken below the maximum altitude of fog advection

(1200 m) show higher marine sulfate source contributions (0.48± 0.21 on average) compared to

samples taken above 1200 m (0.16± 0.12 on average). Marine sulfate contributions higher than

0.5 are only observed at elevations below 1200 m (Figure 3.6).

The marine sulfate contribution calculated after Equation 2.9 using 87Sr/86Sr correlates with

the δ34SSO4 derived marine sulfate contribution for samples taken below 1200 m (Figure 3.7).

Samples taken above this altitude show δ34SSO4 marine sulfate contribution < 0.5, while marine

sulfate contributions derived from Sr cover the whole range from 0 to 1 (Figure 3.7).

The estimated marine sulfate contributions derived from δ34S and Sr are discussed in

section 3.1.4 (p. 58).
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3.1.4. Discussion

Atmospheric Sulfate

Throughout positive ∆17OSO4 values of sulfate samples (from 0.1‰ to 1.1‰) indicate that SAS

contributes significantly to the sulfate budget of Atacama Desert soils (Figure 3.3). Previous

studies already observed positive ∆17OSO4 in sediments from the Atacama Desert (Bao et al.,

2004; Michalski et al., 2004; Ewing et al., 2008; Sun et al., 2018). First studies observed

significantly higher values of up to 4.66‰ (Bao et al., 2004; Michalski et al., 2004). However,

these high values were later found to be a result of contamination with nitrate (Bao, 2006).

For ∆17OSO4 analysis by laser fluorination, BaSO4 is precipitated from a sample solution.

When this solution shows a high NO –
3 /SO 2–

4 ratio, nitrate is occluded in the BaSO4 crystals.

Nitrates from the Atacama Desert comprise ∆17ONO3 values up to 30‰ (Michalski et al., 2004),

wherefore nitrate impurities significantly influence the ∆17OSO4 results. Samples that showed

highest ∆17OSO4 values (4.62± 0.08‰ and 4.66± 0.08‰) were reanalyzed with an adjusted

BaSO4 sample preparation resulting in significantly lower ∆17OSO4 values (0.31± 0.08‰ and

0.36± 0.08‰, respectively) (Bao, 2006). The reanalyzed ∆17OSO4 values fall well within the

∆17OSO4 range observed in the present study. Ewing et al. (2008) analyzed samples from a

2 m soil pit (Yungay, 24°6.8′ S, 70°0.4′ W) receiving ∆17OSO4 values between 0.46± 0.1‰ and

0.66± 0.1‰. This soil pit was reanalyzed in the present study and results are identical to the

published data within analytical uncertainty (see section 2.1.3; p. 38).Sun et al. (2018) analyzed

samples from a 100 m deep exploration drill core (Spence, 22°47.3′ S, 69°15.3′ W). Within this

profile ∆17OSO4 values decrease downwards from 0.29‰ to −0.20‰ (Sun et al., 2018). These

low ∆17OSO4 values are interpreted to reflect wetter climate conditions in the past (Sun et al.,

2018) and are therefore lower than results from surface and subsurface samples analyzed in

the presented study. All in all, the ∆17OSO4 range observed in the presented studies is in well

agreement with results obtained in previous studies (Bao et al., 2004; Michalski et al., 2004;

Ewing et al., 2008; Sun et al., 2018).

In section 1.3.3 (p. 13) various global circulation models were used to estimate a range

in ∆17OSO4 for SAS resulting in values between 0.7‰ and 2.4‰ (Figure 1.4B). The triple

oxygen isotope data obtained from some natural samples analyzed in the presented study and
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published data fall well within this modeled range. The isotopic composition of samples from

the high Coastal Cordillera is interpreted to mainly reflect the isotopic composition of SAS

(see discussion below; p. 67). Hence, the ∆17OSO4 endmember of pure SAS in the Atacama

Desert is assumed to be about 1.1‰. Similar maximum values were obtained in previous

studies. Dry and wet deposited atmospheric sulfate sampled in Baton Rouge (LA, USA) during

a 600-day period yielded ∆17OSO4 values between 0.25‰ and 1.43‰ with a long-term average

of 0.62± 0.32‰ (Jenkins and Bao, 2006). Atmospheric sulfates extracted from rain water from

La Jolla (CA, USA) show a similar range in ∆17OSO4 from 0.2‰ to 1.4‰ (Lee and Thiemens,

2001). Sulfate aerosols analyzed in the same study have ∆17OSO4 values between 1‰ and

1.6‰ (Lee and Thiemens, 2001). Hence, the modeled oxygen isotopic composition for SAS

with ∆17OSO4 from 0.7‰ to 2.4‰ seems to be reasonable for volcanic and anthropogenic SAS

deposited to Atacama Desert sediments.

Marine Sulfate

Marine sulfate is transported to the Atacama Desert dissolved in fog water, sea spray or as dry

marine aerosol. The upwelling water masses at the west coast of Chile transports nutrient-rich

water to the ocean’s surface, where solutes are incorporated into coastal fog by sea spray

(O’Dowd and De Leeuw, 2007). While moving inland, the fog evaporates and the solutes are

deposited to Atacama Desert soils by dry or wet deposition. Due to the subsidence inversion

layer, aerosol transport from the Pacific into the Atacama Desert is restricted to altitudes

< 1200 m.

The marine sulfate contribution was calculated first using δ34SSO4 after Equation 2.8 and

second using 87Sr/86Sr after Equation 2.9 following Rech et al. (2003). Samples taken below

1200 m generally show higher δ34S derived marine sulfate contributions compared to samples

taken above this altitude (0.48± 0.21 and 0.16± 0.12, respectively). This is consistent with

results from Rech et al. (2003), who observed that most soils within 90 km of the coast and

below 1200 m in elevation, are influenced by marine aerosols (Figure 3.6). The δ34S derived

marine sulfate contribution in samples taken below 1200 m correlates with the marine sulfate

contribution derived from Sr – especially for sediment samples (Figure 3.7). The observed
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consistency in samples taken below 1200 m between both approaches indicates that they reflect

the true marine sulfate source contribution.

For samples taken above 1200 m, the δ34S derived marine sulfate contributions is generally low

(0.16± 0.12) and does not correlate with the Sr derived marine sulfate contribution (Figure 3.7).

In those samples, δ34S derived marine sulfate contributions of up to 0.45 are observed, while the

marine sulfate contributions derived from Sr cover the whole range from 0 to 1 (Figure 3.7). For

both calculations (2.8) and (2.9) a simple mixing of two sulfate sources (marine and non-marine)

with distinct isotope values was presumed. While the isotope values for the marine source

are well defined with δ34Sm = 21.15 ± 0.15‰ and 87Sr/86Srm = 0.7091 (Burke et al., 1982;

Johnston et al., 2014), a range in δ34Snm from −7‰ to 10‰ (Figure 1.5) and in 87Sr/86Srnm

from 0.705 to 0.715 for the non-marine source better reflects reality (Bao et al., 2003; Gislason

and Torssander, 2006; Bindeman et al., 2007; Gamboa et al., 2019; Godfrey et al., 2019).

Some of the observed scatter might be explained by the simplification that a distinct isotopic

composition for the non-marine source was presumed.

In addition, δ34SSO4 values and 87Sr/86Sr ratios reflect the source of different parts of the

sulfate mineral. δ34SSO4 reflects the sulfur source while 87Sr/86Sr represents the Ca source

of Ca-sulfates. During dissolution and reprecipitation of sulfate, its δ34SSO4 value remains

unchanged. However, the 87Sr/86Sr ratio may be overprinted by the strontium ratio of ambient

water which is dependent on the underlying lithology. In the Atacama Desert, basement

rocks are quite diverse and include Jurassic marine sediments, continental sediments from

the Cretaceous to recent, and volcanic intrusive rocks and sediments from the Paleozoic to

the Upper Tertiary (Tapia et al., 2018). This diversity results in highly variable observed
87Sr/86Sr ratios in Atacama Desert waters (between 0.705 and 0.715; Gamboa et al., 2019;

Godfrey et al., 2019). Hence, (partial) dissolution and reprecipitation of sulfate affect the
87Sr/86Sr ratios and result in different marine sulfate contributions derived from δ34S and Sr,

respectively. Dissolution and reprecipitation of sulfate might also result in the marine 87Sr/86Sr

ratio and a rather Andean δ34S value observed in one sample from the high Coastal Cordillera

(Figure 3.7). The observed range in δ34SSO4 in samples taken above 1200 m probably reflects a

global mixture of volcanic and anthropogenic emissions, marine sulfate and SAS derived from
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natural or anthropogenic sources. Whereas the range in the marine sulfate contribution derived

from Sr rather results from the highly variable bedrock 87Sr/86Sr ratio.

Voigt et al. (2020) used Cl concentrations in bulk sediment samples as indicator for marine

salt contributions. High Cl concentrations are only observed within the area of frequent fog

occurrence supporting that 1200 m is generally the maximum level of marine aerosol transport.

Because air masses from the Pacific Ocean do not exceed the subsidence inversion layer,

marine sulfate transport from the Pacific Ocean above 1200 m is small. Hence, while samples

taken below an altitude of 1200 m may be dominated by local marine sulfate input, the Cl

concentration of samples taken above this altitude rather reflects the global sea spray signal.

Furthermore, biogenic sulfur gases that are emitted from the ocean, like DMS, comprise a

marine sulfur isotopic composition with δ34S values from 18.9‰ to 20.3‰ (Figure 1.5). The

two source mixing model used for the estimation of the marine sulfate contribution does not

take secondary atmospheric sulfate into account. Hence, contributions from SAS(DMS) lead

to an overestimation of the marine sulfate source. Such contributions are identified in some

samples taken close to the coast (Ata17-047a, Ata17-048a, and Ata17-008a). These samples

comprise relatively high ∆17OSO4 and δ34SSO4 values (from 0.49‰ to 0.71‰ and from 16.5‰

to 19.1‰, respectively; Figure 3.4) which can not be explained by simple mixing of marine

sulfate with volcanic or anthropogenic SAS. Adding ∆17OSO4 to the mixing model allows to

distinguish between three sulfate sources – marine sulfate, SAS, and SAS(DMS). The relative

contribution of SAS(DMS) is estimated using the distinct isotopic compositions of marine sulfate

(∆17OSO4 = 0.07± 0.2‰ and δ34SSO4 = 21.15± 0.15‰), SAS (∆17OSO4 = 0.94± 0.1‰ and

δ34SSO4 = 5.88± 1.3‰), and SAS(DMS) (∆17OSO4 = 4.7‰ to 10.2‰ and δ34SSO4 = 18.9‰ to

20.3‰). Because samples from the high Coastal Cordillera best reflect the isotopic composition

of SAS deposited in the Atacama Desert (see discussion below; p. 67), the mean ∆17OSO4

and δ34SSO4 value of these samples is used for the estimation of contributions from SAS(DMS).

Such a three source mixing model based on ∆17OSO4 and δ34SSO4 results in contributions from

SAS(DMS) of 3.2% to 11.6% in the named samples (Ata17-047a, Ata17-048a, and Ata17-008a).

The obtained range is mainly due to the range in ∆17OSO4 of SAS(DMS). However, within

this estimation possible sulfate cycling due to water availability is not considered. Biological

sulfate cycling lowers the ∆17OSO4 values of a sample resulting in lower estimated SAS(DMS)
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contributions. All in all, the estimation of marine sulfate source contributions is more complex

than predicted by the used two source mixing model following Rech et al. (2003). Considering

∆17OSO4 in addition to δ34S allows to distinguish between contributions from marine sulfate

and from SAS(DMS).

Cycled Sulfate

The triple oxygen isotope data (∆17OSO4 and δ18OSO4) show a trend from the isotopic signal

of SAS towards the isotopic composition of cycled sulfate (Figure 3.3). This trend seems to

be isotopically independent from the influence of marine sulfate, even though, high δ34SSO4

values suggest a significant contribution from marine sulfate (up to 89%) especially for samples

taken below 1200 m. This might be explained by contributions from SAS(DMS) which lead to

higher δ34SSO4 values and therefore, to an overestimation of the marine sulfate source (Wang

et al., 2014). In addition, biological sulfate cycling results in a shift in the oxygen isotopic

composition due to oxygen isotope exchange with ambient water. This generally leads to

∆17OSO4 values that converge towards 0‰ and increasing δ18OSO4 values depending on the

δ18O of the respective water. δ34SSO4 is expected to remain unchanged during biological sulfate

cycling, if no sulfur is introduced to or removed from the system (e.g., transport of dissolved

sulfur species or precipitation or oxidation of sulfides). However, because biological sulfate

cycling affects ∆17OSO4 and δ18OSO4 it is clearly identifiable by the observed inverse correlation.

The low ∆17OSO4 high δ18OSO4 endmember of the trend is defined by salar samples which

isotopically reflect cycled sulfate. Because all samples fall on a trend towards this isotopic

endmember, the observed inverse correlation is interpreted to be a result of various relative

amounts of cycled sulfate within the sample. The cycled sulfate contribution either originates

from (1) redistribution of cycled sulfate, e.g., from salar surfaces (source dominated) and/or (2)

in-situ biological sulfate cycling (process dominated).

Redistribution of cycled sulfate occurs on a rather local scale. Desert pavements and gypsum

crusts – both commonly observed in the Atacama Desert – generally protects the underlying

soil from wind erosion (Jianjun et al., 2001; Wang et al., 2014). In addition, entrainment of

surface material results in large aerosols, which are usually deposited near the source because of

rapid gravitational settlement (Wang et al., 2014). This is supported by geochemical, isotopic,
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and mineralogical investigations of atmospherically deposited materials (Wang et al., 2014).

Furthermore, salar surfaces mainly consists of halite (NaCl) (Finstad et al., 2016). Thus, if

redistribution of cycled sulfate from salar surfaces is the dominant process to form the observed

inverse correlation, samples with low ∆17OSO4 and high δ18OSO4 values should show a high

NaCl concentration. Additionally, the Na/Cl ratio in these samples should show a molar Na/Cl

ratio of 1. These samples however generally show lower NaCl concentrations and a Na/Cl

ratio 6= 1 (Voigt et al., 2020). The average Na/Cl ratio of sediment samples with a high Cl

concentration (=0.83) rather reflects the sea water ratio (=0.86) than the Na/Cl ratio of halite

(=1) (Voigt et al., 2020). Redistribution of material from salar surfaces to the Atacama Desert

soils hence only plays a minor role or is restricted to a very local scale (Wang et al., 2014;

Voigt et al., 2020). The cycled sulfate contribution in Atacama sediments probably rather

derives from in-situ biological sulfate cycling. Biological activity is limited by water and thus

the observed trend between ∆17OSO4 and δ18OSO4 might be interpreted as a gradient for water

availability. This is supported by Sun et al. (2018), who also observed an inverse correlation

between ∆17OSO4 and δ18OSO4 in the lower part of the 100 m drill core from Spence. This

trend is interpreted to reflect a change from wetter climate conditions (low ∆17OSO4 , high

δ18OSO4) (semiarid) to the hyperarid conditions (high ∆17OSO4 , low δ18OSO4) prevailing today

in the Atacama Desert (Sun et al., 2018).

Water Availability

The low water availability in the hyperarid Atacama Desert limits post-depositional biological

alteration processes. Hence, the preservation of the positive ∆17OSO4 values from SAS is a

distinct feature of arid desert environments (Wang et al., 2016). Biological sulfate cycling

generally changes the oxygen isotope composition of deposited sulfate towards zero in ∆17OSO4

and towards higher δ18OSO4 values. The intensity of this isotopic shift depends on the degree

of sulfate cycling and therewith indirectly on water availability. Possible water sources for

Atacama Desert soils are groundwater, local precipitation, run-off from distal precipitation, and

fog.

A shallow groundwater table, particularly present in parts of the Central Depression and the

Western Cordillera, leads to the formation of salars (Finstad et al., 2016). Because in salars
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Figure 3.8.: Mean annual rainfall for the period 1977–2000 summer and winter months in the
central Atacama Desert. Note the difference in scales for summer and winter.
The dashed black line marks the border between areas dominated by summer and
winter rainfall. The gray lines define the 2000 m and 4000 m elevation lines. Figure
modified from Houston (2006).

water is constantly available, salar sulfates are expected to be almost completely biologically

cycled. This is supported by low ∆17OSO4 and high δ18OSO4 values of salar sulfate samples

(Figure 3.3). The variable range in δ18OSO4 observed in these salar sulfate samples might reflect

different degrees of evaporation of the respective salar water (Surma et al., 2015, 2018; Voigt

et al., 2021).

The Western Cordillera, the Precordillera and alluvial fans expanding along the slope of the

Precordillera receive water from local and distal precipitation. In the northern part of the

studied area (<22° S), rain events occur occasionally on the Altiplano and the western slope of

the Andes especially during summer (Figure 3.8; Houston, 2006). These precipitation events

result in flash-floods which frequently reach the alluvial fans (Scheihing et al., 2018; Viguier
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et al., 2020), leading to higher water availability and consequently to effective sulfate cycling.

In the southern part of the studied area, rain events predominantly occur during winter and

generally show less precipitation (Figure 3.8; Houston, 2006). Thus, samples from the Western

Cordillera and Precordillera of transect C and D generally receive less precipitation compared

with respective samples of transect A and B. The relatively high water availability due to

run-off from distal rain events is especially observable in transect B (Figure 3.4), where the

lowest ∆17OSO4 and highest δ18OSO4 values in sediment samples are found. In transect A, the

easternmost sample (Ata19-044c) originates from a topographic high between two canyons which

are 150 m and 250 m deeper than the sample location (see appendix Figure A.2 and Figure A.3).

Therefore, water availability at this particular location is lower compared to the alluvial fans

in general leading to a low degree of biological cycled sulfate. The lower amount of annual

precipitation in the southern part of the studied area and related therewith less biological sulfate

cycling leads to a better preservation of the positive ∆17OSO4 values from SAS in this area. In

the southern part of the studied area, the terrain is relatively rough, wherefore the topography

of the sample location is important when interpreting the isotopic composition of a sample.

For example in transect C, the easternmost two samples (Ata17-018a, Ata17-020a) originate

from a local basin, where water from rare precipitation events is gathered. These samples have

∆17OSO4 values of 0.51± 0.07‰ and 0.37± 0.07‰ and δ18OSO4 values of 7.73± 0.23‰ and

13.44 ± 0.23‰. In contrast, the easternmost sample in transect D (Ata18-004a) originates

from a topographic high close to the watershed and comprises ∆17OSO4 = 0.76± 0.07‰ and

δ18OSO4 = 7.63 ± 0.23‰ supporting a relatively low degree of sulfate recycling. Hence, the

respective location of this sample leads to relatively lower water availability and thus, less

effective biological sulfate cycling compared to topographic lows.

In the Central Depression, local precipitation is generally lower than 5 mm yr-1 (Figure 3.1,

Figure 3.8; Houston, 2006). Locally, higher water availability may be related to run-off water

from distal precipitation, leading to the formation of small ephemeral ponds in local basins. In

addition, elevations <1200 m are frequently affected by fog (Cereceda et al., 2008). Because

fog penetrates inland expanding from the Pacific Ocean, the frequency of fog occurrence is

highest close to the coast and decrease towards the east. This decreasing frequency of fog

occurrence is generally reflected in the ∆17OSO4 values of samples from the Central Depression.
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Samples taken <25 km from the coast and below 1200 m asl (Ata17-055b and Ata18-043a)

show relatively low ∆17OSO4 values (0.37± 0.07‰ and 0.46± 0.07‰, respectively) reflecting

a relative effective sulfate cycling due to moisture supply from fog. Moreover, samples taken

>90 km from the coast (Ata17-014a and Ata17-014b) show relatively high ∆17OSO4 values

(0.80± 0.07‰ and 0.84± 0.07‰, respectively) which indicate low biological sulfate cycling due

to low water availability. In addition to in-situ sulfate cycling, redeposition of cycled sulfate

from salar surfaces might be significant for some parts of the Central Depression, because paleo-

and active salars can be found in this area (Finstad et al., 2016). However, as discussed above

(p. 61 f.), low NaCl concentrations and Na/Cl ratios 6= 1 indicate that redeposition of cycled

sulfate from salar surfaces is insignificant for the analyzed samples (Voigt et al., 2020).

Coastal areas between 600 and 1200 m asl frequently receive moisture from fog build of

stratocumulus clouds expanding from the Pacific Ocean (Cáceres et al., 2007; Cereceda et al.,

2008; Schween et al., 2020) allowing biological activity and effective sulfate cycling. Additionally,

fog may transport marine aerosols leading to the deposition of marine sulfate and SAS(DMS).

Changes in the relative amount of these two sulfate source and variabilities in the degree of

sulfate cycling can be identified using ∆17OSO4 , δ
18OSO4 , and δ34SSO4 (Figure 3.9). In the

northern part of the Atacama Desert the Coastal Cordillera is intersected by deep canyons,

through which this advective fog penetrates further inland. Because fog mainly follows the base

of the canyon, possible moisture supply to the top of the canyon depends on the canyon depth

and the distance from the coast. In transect A, samples were taken at the top of the Tana

Canyon. Samples taken closest to the coastal cliff (Ata17-079a and Ata17-080a) show highest

∆17OSO4 values within this transect (0.69±0.07‰ and 0.64±0.07‰, respectively). Towards the

end of the canyon ∆17OSO4 decreases while δ18OSO4 increases, and δ34SSO4 remains relatively

constant (Figure 3.4). A higher marine sulfate contribution towards the end of the canyon could

explain the decreasing ∆17OSO4 values, however, decreasing δ34SSO4 values do not support this

possibility (Figure 3.9). The inverse relationship between ∆17OSO4 and δ18OSO4 towards the

end of the canyon indicates an increasing degree of biological sulfate cycling due to increasing

moisture supply from fog. In transect B and C, samples taken closest to the coast (Ata17-008a,

Ata17-048a) show relatively high ∆17OSO4 (0.71 ± 0.07‰ and 0.59 ± 0.07‰, respectively)

and δ34SSO4 (19.0± 0.1‰ and 19.1± 0.1‰, respectively) values indicating contributions from
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Figure 3.9.: Changes in the isotopic composition of an average sample (orange diamond; average
∆17OSO4 , δ

18OSO4 , and δ34SSO4 values of all samples analyzed in the presented
study) due to increasing sulfate source contributions from SAS (blue arrow),
SAS(DMS) (gray arrow), marine sulfate (black arrow), and cycled sulfate (green
arrow). For further information on the color shading the reader is referred to
Figure 3.3.
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SAS(DMS). Towards the east, ∆17OSO4 and δ34SSO4 values decrease while δ18OSO4 remains

relatively constant indicating decreasing contributions from SAS(DMS) (Figure 3.9). Because in

transect B δ34SSO4 values strongly decline towards the east, possible contributions from marine

sulfate might additionally decrease eastwards (Figure 3.9).

In transect D, the Coastal Cordillera is generally higher than 1200 m and all possible moisture

sources (groundwater, local and distal precipitation, and fog) are limited. Moisture supply from

fog at altitudes >1200 m asl is negligible, and precipitation is generally low (<10 mm yr-1;

Houston, 2006). In some parts, a 2− 5 cm thick layer of thenardite (Na2SO4) can be found

within the first 20− 30 cm below the surface. Because thenardite is highly soluble (solubility:

300 g L-1 at 20 ℃; Willmes, 1993), this layer generally indicates low amounts of precipitation –

otherwise, the thenardite would have been leached out of the sediment. Hence, even though,

local precipitation events occasionally occur in this area, water availability is unsteady and

probably generally too low for biological activity inhibiting sulfate cycling. Samples from this

locality comprises highest ∆17OSO4 and lowest δ18OSO4 values (Figure 3.4) supporting a low

degree of biological sulfate cycling. Within the high Coastal Cordillera, contributions from

sulfate sources other than SAS are generally negligible because transport of marine sulfate and

SAS(DMS) above the inversion layer at about 1200 m is unlikely. Additionally, redeposition of

surface material only occurs on a rather local scale (see discussion above; p. 61), wherefore

contributions from cycled sulfate from remote salar surfaces are implausible for the high Coastal

Cordillera. Thus, large positive ∆17OSO4 values (of ≈ 1‰) not only suggest a relatively pure

isotopic signal from SAS but also indicate the relative absence of biological sulfate cycling and

thus, reflect lowest water availability.

subsurface and Na2SO4 samples

Subsurface samples generally show low δ18OSO4 and δ34SSO4 values compared to respective

surface samples (Figure 3.5). This discrepancy might be explained by a subsurface that consists

of different materials than the surface, or the subsurface consists of older material. Infiltration

of water leads to leaching of soluble salts from the surface and depending on the amount of

water to their enrichment within a certain depth in the subsurface (Figure 3.2). A similar

chemical composition of sediment surface and subsurface samples (Voigt et al., 2020) indicates
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a minor importance of leaching. The observed difference between surface and subsurface may

rather represent a change in the sulfate source contribution over time. Lower δ18OSO4 observed

in the subsurface might be explained by lower δ18O values of atmospheric water leading to lower

δ18O values of SAS. Lower contributions from SAS(DMS) within the subsurface might also lead

to lower δ18OSO4 and δ34SSO4 values. In addition, lower δ34SSO4 values might reflect higher

contributions from volcanic SAS, while surface samples comprise a higher relative amount of

anthropogenic SAS (Figure 1.5) indicating an increase in anthropogenic emissions.

A particular exception are the Na2SO4 subsurface samples originate from relatively pure

thenardite layers which can be found within the subsurface in some parts of the Atacama Desert

((Figure 3.2) Ericksen, 1983; Chong, 1994). The origin of the Na2SO4 and the general formation

process of these layers are not yet fully understood. They might result from repeatedly leaching

of Na2SO4 from the surface into the subsurface over long time scales. ∆17OSO4 , δ
18OSO4 , and

δ34SSO4 values of thenardite layers formed this way would represent average values of Na-sulfate

deposited over a long time scale. Whereas, the isotopic composition of surface samples reflects

recent sulfate source contributions integrated over a much shorter time scale. Thus, changes in

the sulfate source contribution over time might have also led to the observed differences in the

isotopic composition of Na2SO4 subsurface samples compared to respective bulk surface samples

dominated by CaSO4. This is supported by the fact that bulk sulfate subsurface samples show

similar deviations from respective surface samples (Figure 3.5). However, it is questionable

that leaching from the surface leads to the formation of several cm thick nearly pure thenardite

layers (Figure 3.2; Ericksen, 1983; Chong, 1994).

The time of sulfate formation within an atmospheric water droplet might be different for

Na2SO4 and CaSO4 resulting in differences in δ18OSO4 , and δ
34SSO4 values between surface

and Na2SO4 subsurface samples. Atmospheric water droplets typically comprises pH values

between 3 and 6 (Eatough et al., 1994). At such pH values, H2O2 is the major oxidant, whereas

oxidation via OH may become important when H2O2 is consequently depleted (Liang and

Jacobson, 1999). During this SO2 oxidation process, CaSO4 might already precipitates from

the water droplet due to its low solubility (=2.4 g L-1 at 20 ℃ Willmes, 1993) compared to the

higher solubility of Na2SO4 (=300 g L-1 at 20 ℃ Willmes, 1993). Hence, the oxygen isotopic

composition of CaSO4 probably mainly reflect the oxidation via H2O2, while the oxygen isotopic
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composition of Na2SO4 might also comprise higher proportions from OH oxidation. Proportions

from oxidations via OH would result in lower ∆17OSO4 and δ18OSO4 values (see Figure 1.4).

Additionally, fractionation effects during the dissolution and oxidation of SO2 might result in

lower δ34SSO4 values observed in the Na2SO4 samples. However, subsurface Na2SO4 samples do

not show lower ∆17OSO4 values compared to respective surface samples (Figure 3.5), wherefore

the formation time within a water droplet at most play a minor role in isotope fractionation.

Three of the Na2SO4 subsurface samples (Ata18-115b, Ata18-116b, and Ata18-121b) originate

from the Domeyko Range, 100 km east of Antofagasta. At this locality, a typical soil profile is

build from top to bottom of a thin gypsum surface crust, an up to a few cm think thenardite

subsurface layer, a gypsum dominated horizon, and up to a few meter think nearly pure nitrate

accumulations (see appendix Figure A.4). This extraordinary soil profile might be associated

to hydrothermal waters with high concentrations of soluble salt. Hydrothermal waters might

have leached Na2SO4 from surrounding materials and subsequent evaporation then has led to

the concentration of Na2SO4. Because the Na2SO4 might have been transported the isotopic

composition of Na2SO4 might differ from the local sulfate source contribution (e.g., surface

gypsum crust). However, the gypsum surface crust from this locality has not been analyzed. In

addition, the influence of hydrothermal waters or brines on the isotopic composition of sulfate

has not yet been investigated.

3.1.5. Conclusion

The combination of ∆17OSO4 , δ
18OSO4 , δ

34SSO4 , and
87Sr/86Sr allows to distinguish between

different sulfate sources and post-depositional biological sulfate cycling. SAS originating from

atmospheric oxidation of reduced sulfur species from volcanic or anthropogenic emissions, or

biogenic sulfur gases (e.g., DMS) is the only sulfate source that comprises a distinct mass-

independent 17O anomaly. Hence, positive ∆17OSO4 values observed in all analyzed samples

suggest a significant contribution from SAS to Atacama Desert soils. These results confirm

indications from a few data in previous studies (Bao et al., 2004; Bao, 2006; Ewing et al., 2008;

Sun et al., 2018) and verify the extensive spatial distribution of SAS by a large number of

analyzed samples originating from all over the Atacama Desert.
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The triple oxygen isotope compositions (∆17OSO4 and δ18OSO4) of all surface samples show

a clear trend from volcanic and/or anthropogenic SAS towards cycled sulfate (Figure 3.3).

This is interpreted to reflect a gradient in the degree of in-situ biological sulfate cycling and

thus in water availability. Redistribution of surface material (e.g., cycled sulfate from salar

surfaces) may only occur on a very local scale. Highest ∆17OSO4 (0.9‰ to 1.1‰) and lowest

δ18OSO4 (−5‰ to 5‰) values indicating the purest SAS signal are observed in samples from

the high Coastal Cordillera well above the coastal fog zone (>1200 m asl). Such high ∆17OSO4

values not only reflect low to negligible contributions from sulfate sources other than SAS, but

also indicate the relative absence of in-situ biological sulfate cycling indicating lowest water

availability within the Atacama Desert.

To evaluate the marine sulfate contribution the distinct marine δ34SSO4 value and 87Sr/86Sr

ratio, and an estimated Andean δ34SSO4 value and 87Sr/86Sr ratio were used. For samples taken

within the coastal fog zone (<1200 m), the two obtained marine sulfate contributions correlate

on a 1:1 line. Although, possible proportions from SAS(DMS), which comprises δ34SSO4 values

similar to that of marine sulfate, may lead to an overestimation of the marine sulfate source

contribution determined by δ34SSO4 . Because SAS(DMS) shows a distinct positive 17O-anomaly,

∆17OSO4 facilitates to distinguish between SAS(DMS) and marine sulfate (with ∆17OSO4 ≈ 0‰).

For samples taken above 1200 m, the two approaches to estimate the relative amount of marine

sulfate result in significant different contributions. However, because the subsidence inversion

layer limits the transport of marine aerosols from the Pacific Ocean to the Atacama Desert,

contributions from marine sulfate are expected to be negligible above an altitude of 1200 m.
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4.1. Summary

The aim of this work was to identify sulfate sources and post-depositional biogenic alteration

processes by investigating the sulfur, strontium, and triple oxygen isotopic composition of

sulfates from the Atacama Desert.

The first study dealt with the analytical method to determine ∆17OSO4 of Atacama Desert

sulfate samples. A fast and easy to use protocol for quantitative dissolution of natural Ca-sulfates

and conversion into sufficiently pure silver sulfate for accurate and precise pyrolysis analyses

was developed. To increase the sample throughput, the previously protocol from Schauer

et al. (2012) was simplified by only paying attention to the major contaminants Cl– and NO –
3

without ion chromatography. To allow the comparison of ∆17OSO4 results, a normalization

procedure was presented. Raw pyrolysis data was normalized to in-house standards with known

∆17OSO4 values resulting in excellent reproducibility for standards from different laboratories

including those using the fluorination method. The overall accuracy was verified by analysis

of samples from an Atacama Desert soil pit that was previously analyzed by the fluorination

method. Both data sets are identical within analytical uncertainty confirming the accuracy of

the developed method.

In the following study, the elaborated method was used to measure ∆17OSO4 of 55 natural

samples from the Atacama Desert. Additionally, the δ18OSO4 and δ34SSO4 value of all samples

and the 87Sr/86Sr ratio of eleven selected samples were determined to identify different sulfate

sources and post-depositional alteration processes and to draw conclusions on their relative

relevance. A simple two source mixing model was used to estimate the marine sulfate con-

tribution derived from δ34SSO4 and from 87Sr/86Sr, respectively (following Rech et al., 2003).

For this purpose, the distinct isotope composition of marine sulfate and an estimated Andean

endmember were used. While both indicators for the marine sulfate contribution correlate for
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samples taken below an altitude of 1200 m with determined marine sulfate contributions of up

to 90%, they differ in samples taken above this elevation. The observed scatter may be related

to variabilities in δ34SSO4 and 87Sr/86Sr within the non-marine endmember which was not

specifically accounted for in the model. In addition, the simple two source mixing model does

not critically account for deposition of sulfate that is formed within the atmosphere. SAS(DMS)

comprises a marine δ34SSO4 but positive ∆17OSO4 values derived from atmospheric reactions.

Hence, ∆17OSO4 facilitates to distinguish between marine sulfate and SAS(DMS). Proportions

from SAS(DMS) were identified in samples taken close to the coast below an altitude of 1200 m.

The triple oxygen isotopic compositions (∆17OSO4 and δ18OSO4) of all samples show a clear

trend from the oxygen isotopic composition of SAS towards those of cycled sulfate which is

distinct from the isotopic composition of marine sulfate. This indicates that, even though, a

certain contribution from marine sulfate is expected especially in samples taken below 1200

m, the marine sulfate is not the dominating sulfate source for Atacama Desert soils. Positive

∆17OSO4 values throughout suggest a significant contribution from SAS. Because redistribution

of cycled sulfate (e.g., from salar surfaces) is expected to be negligible, the trend is interpreted

to reflect a gradient in the degree of in-situ biological sulfate cycling and therewith, water

availability.

4.2. Outlook

The results of this thesis demonstrated that analysis of sulfur (δ34S) and triple oxygen (∆17O

and δ18O) isotopes of sulfate are a suitable tool to identify various sulfate sources and to

detect low water availability. However, further investigations are necessary to improve the

understanding of sulfate deposition and biological sulfate cycling within Atacama Desert soils.

To be able to compare isotope data from different laboratories and methods, results are

generally normalized to international accepted standards. In absence of certified ∆17O reference

Na- or Ca-sulfate material, all presented ∆17OSO4 data was normalized to in-house standards

previously calibrated against in-house standards from the University of Washington (see

chapter 2). The accuracy of this approach was verified by comparing the normalized ∆17OSO4

data to results from other laboratories using the pyrolysis or fluorination method. Even though,
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international accepted Ba-sulfate standards are available, which are suitable for fluorination

analysis only, they all comprise ∆17OSO4 ≈ 0‰. Hence, to improve the general comparability

of ∆17OSO4 data, an international reference Na- or Ca-sulfate material – suitable for pyrolysis

and fluorination – with a distinct ∆17OSO4 value is required.

The observed trend in the triple oxygen isotope composition of all samples is interpreted

to reflect a gradient in the degree of in-situ biological sulfate cycling due to variable water

availability. Additional biological analysis, e.g., for the amount and the composition of different

microbe or plant genomes, may help to verify the hypothesis that ∆17OSO4 is an indicator for

sulfate cycling. Furthermore, analysis of densely taken samples along well-known gradients

in water availability, e.g., between 1000 m and 1400 m elevation in areas with frequent fog

occurrence, would be useful to verify the potential of ∆17OSO4 as an indicator for water

availability.

In the presented thesis, sulfate sources were identified and sulfate source contributions were

estimated using using sulfur, strontium, and triple oxygen isotopes. To better quantify the

relative amount of sulfate from each source, the isotopic compositions of SAS and cycled

sulfate needs to be better characterized. For this purpose, additional samples from locations

with extremely low water availability (e.g., high Coastal Cordillera) and extremely high water

availability (e.g., salars or low Coastal Cordillera) should be analyzed. Furthermore, analyzing

atmospheric dust collected close to anthropogenic or volcanic emissions may help to further

narrow the range in the isotopic composition (∆17OSO4 , δ
18O, and δ34S) of respective sulfate

sources. Additional samples from the high Coastal Cordillera should be analyzed to verify that

the samples with the highest ∆17OSO4 values observed in the presented study indeed reflect

the isotopic composition of SAS.

The isotopic composition of sulfate sampled along vertical profiles may help to identify

changes in the sulfate source contribution or in water availability over time. This was already

done by previous studies (Ewing et al., 2008; Sun et al., 2018). However, changes in the

isotopic composition of sulfate were only observed 34 m below the surface indicating the onset

of hyperaridity in the Atacama Desert (Sun et al., 2018). Especially locations which today

can be easily classified – e.g., as Precordillera and alluvial fans (high water availability), or
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high Coastal Cordillera (low water availability) – are of special interest to further investigate

possible changes in the sulfate source contribution and water availability over time.
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Figure A.1.: The δ18OSO4 and δ34SSO4 isotopic composition of each individual sulfate source.
Sources include SAS that originates from volcanic and anthropogenic emissions
and from biogenic sulfur gases (e.g., DMS), marine sulfate, and biological cycled
sulfate. Additionally, all results of surface (diamonds) and subsurface (squares)
samples from the Coastal Cordillera >1200 m (high CC) and <1200 m (low CC),
the Central Depression (CD), and the Western Cordillera, Precordillera and its
alluvial fans (PC) are displayed, along with results of Na2SO4 subsurface samples,
groundwater, and salar samples.
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A. Appendix

Figure A.2.: Sample location of Ata19-044c. The indicated profile is shown in Figure A.3.
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Figure A.3.: Topographic profile from the sample location of Ata19-044c indicated by X. Color
shading changes every 50 m. The profile line is indicated in Figure A.2.
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Figure A.4.: Pictures from the sample location of Ata18-116. Left panel: The surface is covered
by a thin gypsum crust, followed by a few cm thick powdery thenardite layer.
Further down a gypsum dominated horizon comprises multiple nitrate veins, which
increase in size downwards (right panel). The picture in the right panel shows a
nitrate vein approximately 2 m below the surface.
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